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Abstract

The thermohaline circulation (THC) corresponds to the large time- and spatialscales ocean circulation associated with the transport of heat and salt, and is
known to be an important factor controlling the climate variability. The large
scales involved in the THC make it difficult to observe, and therefore the synergy of numerical models and climate proxy reconstructions is particularly
relevant to study the characteristics of this circulation in the present and past
climates.
In this doctoral thesis, the THC during the Last Glacial Maximum (LGM)
and the Present-Day (PD) is explored using a state-of-the-art Ocean General
Circulation Model in its high- and low-resolution regimes. By comparing the
LGM model outputs with the paleo-proxy reconstructions, it is shown that the
high-resolution simulation improves the representation of the sea surface temperatures in the regions where the current structures appear to be complex,
i.e., the western boundary currents (Agulhas, Kuroshio, Gulf Stream) and the
Antarctic Circumpolar Current, although statistical comparisons with paleoproxy reconstructions are not significantly improved on a global scale.
The THC involves a superposition of processes acting at widely different spatial and temporal scales, from the geostrophic large-scale and slowlyvarying flow to the mesoscale turbulent eddies and at even smaller-scale, the
mixing generated by the internal wave field. Not all these processes can be
properly resolved in numerical models, and thus need to be parameterized. Analyzing the THC in an eddy-permitting numerical model, it was found that the
temporal scales required for diagnosing the Southern Ocean circulation should
not exceed 1 month and the spatial scales needed to be taken into account must
be smaller than 1 . Important changes in the nature and intensity of the THC
were observed between the LGM and PD simulations. An estimation of the
turnover times (i.e., the time it takes for the water parcel to make an entire
loop on the Conveyor Belt) revealed that the LGM THC could be more vigorous than under the PD conditions. As a result, the ocean transports of heat and
freshwater, the oceanic uptake of CO2 , the ventilation of the deep ocean and
the reorganization of the passive and active tracers (e.g., temperature, salinity,
greenhouse gases, nutrients) can be altered in these different regimes.
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1. Introduction & Background

Because of its complex spatial structures and temporal variability, the ocean
circulations are difficult to understand and to represent on a simple diagram.
Originally, the circulations were investigated from field cruise observations
and analytical theories. From these methods, they were considered as large
spatial scale, quasi-steady and laminar motions [Wunsch, 2001]. Later, the increase of regional observations and the development of high-resolution models depicted an ocean highly variable in space and time (due to the presence of
mesoscale eddies). Nowadays, the circulations are better observed than ever by
the harvest of a large quantity of measures originating from satellites, buoys,
drifters, fields cruise experiments, and they can be investigated thoroughly by
using high-resolution simulations of the global ocean system.
From all these observations and models, it has been shown that the ocean
circulations can be driven by the combined effects of the wind stress, the heat
flux at the sea surface and at the sea floor, the surface freshwater flux, the
tidal, the gravitational and the Coriolis forces. Despite the identification of
these external forcings and the development of reconstruction techniques, the
ocean circulations during past climate events, such as the Last Glacial Maximum (LGM, ⇡ 21 kyr ago), are poorly understood and many important aspects remain debatable. The reconstruction of the past climate period is possible by collecting the signals saved in climate sensors (e.g., pollens, ice cores,
sediments cores, etc...). These paleo-archives are, however, not available at
a global scale, and therefore climate models also complement these paleoreconstructions to reduce the sparsity of the datasets and in this way improve
of our knowledge of the past global climates.
The role of an ocean model is to approximate the temporal and spatial
scales of the circulations in order to mimic the real turbulent state of the ocean.
High-resolution models provide fine-scale gridded outputs that can be compared with observations available for specific point sources. Moreover, they
allow 1) to reduce the parametrization of the sub-grid scale processes (e.g., the
diffusive coefficients in these models are smaller, hence more realistic, than
for coarse resolution models), 2) to take into account a better representation of
the bathymetry and in this way the transports of volume, temperature and salt.
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The investigations in the present thesis are motivated by the fact that, until now, realistic simulations of the LGM global ocean state remain inexistent.
Hence many scientific questions stay unanswered or debatable. How does a
global Ocean General Circulation Model (OGCM) behave when forced with
reconstructed atmospheric conditions of the LGM? What resolution is needed
to simulate the THC in the LGM and Present-Day periods? In particular, how
sensitive is the THC to model resolution? To investigate these different issues, several numerical simulations were carried out, all using the European
ocean model NEMO set up with a realistic ocean configuration at different
resolutions. Changes in temperature and salinity property distributions, volume transports and associated heat and freshwater transports were analyzed
and compared with available reconstructions.
This thesis focuses on the LGM and Present-Day ocean state. The first
chapter gives a scientific background on past, present and future thermohaline
circulations. In the second chapter, the methodology and diagnostics to elucidate the change in the thermohaline state are presented. Major results from
each papers are shown in the third chapter.

1.1

The thermohaline circulation

The thermohaline circulation (THC) corresponds to the ocean circulation dominated by the temporal scales between 100 years and 10000 years and the spatial scales between 10 km and 10000 km (Fig. 1.1). As mentioned by Huang
[2010], "the exact definition", of the THC, "remains debatable". He cites the
article "What Is the Thermohaline Circulation?" by Wunsch [2002] who identifies seven definitions of the term "thermohaline circulation":
1) the circulation of mass, heat, and salt;
2) the abyssal circulation;
3) the meridional overturning circulation of mass;
4) the global conveyor, that is, the diffusely defined gross property movements
in the ocean that together carry heat and moisture from low to high latitudes;
5) the circulation driven by surface buoyancy forcing;
6) the circulation driven by density and/or pressure differences in the deep
ocean; and
7) the net export, by the North Atlantic, of a chemical substance such as the
element protactinium.
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1.3 Various types of motion in the oceans
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Fig. 1.35 Various types of motion in the oceans.

Figure 1.1: Figure from Huang [2010]: Various types of motion in the oceans
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North Atlantic circulation (Figure 1.2) is crucial because, in the Present-Day
climate, it is responsible for a large portion of the heat transport from the tropics to higher latitudes. It also plays an important role in the oceanic uptake of
CO2 [Zickfeld et al., 2008], the ventilation of the deep ocean and the reorganization of the passive and active tracers (e.g., temperature, salinity, greenhouse
gases, nutrients).

Figure 1.2: Figure from Kuhlbrodt et al. [2007]: Idealized meridional section
representing a zonally averaged picture of the Atlantic Ocean. Straight arrows
sketch the Meridional Overturning Circulation (MOC)

The North Atlantic overturning is often employed as an indicator for climate change [Letcher, 2009]. The amplitude of the North Atlantic THC is
indeed thought to have been different in the past and might change in a near
future [Manabe and Stouffer, 1994, Rahmstorf, 2002]. However, the description of the past THC is complex because the models and the paleo-proxies
propose different reconstructions. On one hand, paleo-proxy records suggest
that the reorganization of the North Atlantic THC during the LGM consists
in a weaker overturning than today [Lynch-Stieglitz et al., 1999, McManus
et al., 2004], an enhanced intrusion of Antarctic Bottom Water (AABW) into
the Atlantic basin [Curry, 2005, Duplessy et al., 1988, Labeyrie et al., 1992,
Sarnthein et al., 1994] and a North Atlantic Deep Water (NADW) formed at
more southern locations than today [Labeyrie et al., 1992]. On the other hand,
climate-model simulations give a wide range of North Atlantic LGM THCs
[Otto-Bliesner et al., 2007, Weber et al., 2007]: a 10 to 40% weakening or
16

increasing of the maximum overturning, the location of the downward branch
shifting southward or remaining at the same latitude as today and a shallowing
of the surface circulation due to the intensification of the abyssal circulation.
These differences between the reconstructions raise the question of knowing
whether the state-of-the-art climate models are efficient for simulating climate
changes.

1.2

Past, present and future climates

The Last Glacial Maximum
The Last Glacial Maximum (LGM) is the most recent extreme glacial event
from the Present-Day, when global ice sheets reached their maximum integrated volume [Mix et al., 2001]. It is centered about 23,000 years ago with a
duration of about 6-7 kyr [Clark et al., 2009]. This climatic period was originally brought to light and defined by paleo-records such as ice cores, sediment
cores, or other geological evidences (e.g., ice-sheet landscape patterns, coral
fossils, etc...). In comparison with the Present-Day conditions, the orbital parameters were slightly different and large changes occurred in the different
climate components (cf. Table 1.1). The atmosphere was governed by a lower
greenhouse gases concentration. The cryospheric component is described as
a large and thick continental ice sheets over North America (Laurentides Ice
Sheet) and Fennoscandia (Fennoscandian Ice Sheet) and an important volume
of sea-ice in both hemisphere compared with the quantity that we currently
know. This ice component had a direct impact on the atmospheric circulations,
the ice age topography and ocean state. Due to these important ice sheets, the
bathymetry was about 120 meter lower than today [Peltier, 2004] (cf. Figure
1.3). Additionally, because of these differences in the boundary conditions, the
ocean circulations and the thermohaline/dynamical processes may have been
different than today (the global ocean mean salinity was for example higher
than today due to the volume of ice sequestered on the lands).
The LGM is a particularly interesting period to study for many reasons
[Mix et al., 2001]. From a climate point of view, the LGM is close to an equilibrium state where boundary conditions are relatively well known. From a
modeling point of view, the well-known geophysical constraints make possible to simulate the LGM climate and thus test climate models under different boundary conditions than it exists today. Finally, from a geo-historicochemical point of view, the LGM interval is within the range of dating techniques (e.g., 14 C dating), and it is thus possible to provide spatio-temporal
reconstructions.
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Orbital parameters
Eccentricity
Obliquity
Angular precession
Trace gases
CO2
CH4
N2 O
Bathymetry

LGM

PI

0.018994
22.949
114.4

0.016724
23.446
102.04

185 ppm
350 ppb
200 ppb
Modern - 120 m (ICE-5G)

280 ppm
760 ppb
270 ppb
Modern (ETOPO)

Table 1.1: Differences in the orbital parameters, greenhouse gases and
bathymetry between the Present-Day and Last Glacial Maximum Worlds
(ppm=part per million, ppb= part per billion)

FIS
LIS

Figure 1.3: Last Glacial Maximum bathymetry reconstruction in blue color gradient. The continental plates are mainly in the same location as today. The
continental shelves (in red color) emerge due to a sea level approximately 120 m
lower than today. This decrease of sea-level is attributed to the water storage in
the Fennoscandian (FIS) and Laurentides (LIS) ice caps.

Hence, since the 1970’s projects have been undertaken to quantify the state
and the variability of the global ocean during the LGM. Multi-proxies and intercomparison methods are tested in order to predict long-time scale climatic
trends. Based on the naturals relic of the past, they provide reconstructions
18

of the state of the past Earth surface (estimation of Sea Surface Temperature
(SST) and salinity, sea-ice cover, ice sheet over land, and vegetation).
The Climate, Long-range Investigation, Mapping And Prediction (CLIMAP)
project [CLIMAP Project members, 1976] was launched in the 1970’s with the
purpose of collecting and analyzing large number of climatic records such as
deep-sea sediment cores. The first reconstruction of the LGM Earth’s Surface
was proposed by the group.
In 1999, the Environmental Processes of the Ice age: Land, Ocean, Glacier
(EPILOG) project [Mix et al., 2001] was designed in order to compile the results from the previous studies and define the strategy for the evaluation of
the natural climate change. In 2000, the GLacial Atlantic ocean MAPping
(GLAMAP) project [Sarnthein et al., 2003] presented an update of the work
carried out during the pioneering phase of the CLIMAP project. Focusing
on the LGM Atlantic ocean, a new reconstruction of the Atlantic LGM’s sea
surface conditions based on more than 1000 samples from 275 sea cores was
provided. These new reconstructions differed from those established during
CLIMAP. The reconstructed SSTs were colder in the low- and mid-latitudes
and warmer in high-latitude, in the North Atlantic tropical part and in one specific region at about 50 S - 40 W. A strong SST meridional gradient (4 -16 C)
was located between 35 N and 50 N. The area of sea-ice extent was lower than
for the CLIMAP project, especially in the Nordics Seas which are estimated in
the GLAMAP project to be ice free during the boreal summer season. During
the boreal winter season the same area was ice covered as well as the Northwestern Atlantic Ocean.
In 2002, the Multiproxy Approach for the Reconstruction of the Glacial
Ocean surface (MARGO) project started with the idea to produce an updated
synthesis of SST and sea-ice extend maps of the glacial global ocean during the
LGM, and quantify their seasonal variability and statistical reliability [Kucera
et al., 2005, MARGO Project Members, 2009]. Based on approximately 700
paleo-fossil data and different transfer function techniques, ice free Norwegian
Sea during boreal summer and large zonal SST gradient were diagnosed. In
the paper IV, this MARGO reconstruction is used to statistically evaluate three
LGM ocean simulations configured in high- and low-resolution meshes.
With the development of climate models, the Paleoclimate Modelling Intercomparison Project (PMIP) started at the beginning of the 1990’s to test,
evaluate and compare the response of the state-of-the-art climate models under paleoclimate conditions [Joussaume and Taylor, 2000]. The project is
19

entering in its third phase. The first phase was designed to test the atmospheric models and compare their behaviour with paleo-data. The atmospheric
models were forced by LGM insolation, CO2 concentration, and either by the
CLIMAP SST (prescribed SST) or by a simple slab ocean and sea-ice models
(computed SST). The second phase consisted in the evaluations of coupled
ocean-atmosphere models and ocean-atmosphere-vegetation models including improved ice-sheet-topography reconstruction, river routing reconstruction
and greenhouse gases concentration [Crucifix et al., 2005]. The second phase
improved to simulated the cooling in the tropics with regards to paleo-proxy
data. The third phase consists essentially in improving the boundary conditions. Some results from published PMIP studies are compared with our model
behaviour in paper III.
Hence, by its proximity to the Present-Day and the availability of the natural climate records which give well-know boundary conditions to force the
models, the LGM is a privileged period for testing climate models and thus
evaluate their sensitivity to climate change. These model evaluations are available in the Intergovernmental Panel on Climate Change (IPCC) reports and
constitute useful set of data/information to understand future climate change.
The Present & Future climates
Oceanic and atmospheric numerical models are mainly tested and calibrated for the Present-Day period. With the harvesting of in situ measurements (e.g., meteorological stations, oceanic buoys, etc...) or remote sensors
(e.g., satellites data), it is possible to draw the faces of the recent climate variability and consequently force and correct the models with realistic conditions.
Hindcast ocean simulations (i.e., simulation of the past decades) are designed
to tune the models in order they closely fit the observed ocean state [Barnier
et al., 2007]. Once the models are able to simulate the observed present and
reconstructed past climate conditions, they might be able to capture the long
time-scale climate variability for a panel of future climate scenarios.
For the next IPCC report (AR5), a Coupled Model Intercomparison Project
(CMIP) is proposed to produce multi-model dataset from various set of plausible future as well as past climate evolutions. The evaluation of these models
allow to improve our knowledge of climate variability, climate change and climate feedbacks [Taylor et al., 2012]. The future scenarios are based on socioeconomic change, technological change, energy and land use and emissions
of greenhouse gases and air pollutants. The scenarios are numerically represented as pathways for radiative forcing (Figure 1.4). The climate projection
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Figure 1.4: Example of pathways (CO2 concentration) for the historical integration (1850-2006) and the RCP4.5 and RCP8.5 future scenarios (2006-2100) used
to forced the EC-EARTH climate model

comprises 4 scenarios:
1) a future projection (2006-2300) forced by a socio-economic pathway that
reaches a radiative forcing of 4.5 W.m 2 by the year, 2100, namely RCP4.5;
2) a future projection (2006-2300) forced by RCP8.5;
3) a future projection (2006-2300) forced by RCP2.6 and
4) a future projection (2006-2100) forced by RCP6.

1.3

Modelling the ocean component of the climate system

The climate is a dynamical system which includes the atmosphere, the hydrosphere (oceans and rivers), the cryosphere (ices and glaciers) and the biosphere
(lands and vegetations). These four sub-systems interact together via complex
boundary conditions. Modelling the climate consists in formulating mathe21

matically the spatio-temporal behaviour of each of these sub-systems and their
interactions. With the development of computational resources (parallel supercomputers) which allowed to solve the model equations, it was proved possible
to draw a virtual representation of the Earth climate. In essence, the climate
is particularly complex especially due to the non-linearities of its physics and,
because each climate components have different time and spatial scales which
need to be approximated or modelled.
This doctoral thesis focuses on the oceanic component. The ocean holds a
key place in the climate system. About 70% of the Earth surface is covered by
the ocean which makes it a privileged interactor with the atmosphere. More
importantly, the ocean is able to store and transport a large amount of heat and
other constituents of the Earth’s climate system, such as the carbon dioxide.
Contrary to the atmosphere, the time-scales of the ocean are relatively slow
[Griffies, 2003], which, from a modelling point of view, explains the need that
the ocean models must be integrated over long time-scales to study the impact
of the ocean circulation in the global climate system.
Ocean General Circulation Models (OGCMs) represent the behaviour of
the a fluid (sea water) bounded by continents and under specific atmospheric
forcing. Pioneering work on the development of these models has been carried
in the 1960’s by Bryan [1969]. Nowadays, it exists a panel of ocean models, which can differ by their implemented physics, their parametrizations and
their resolutions [Treguier, 2006]. Two main families (or regimes) of OGCM
exist: the coarse resolution models and the eddy-admitting models (eddypermitting & eddy-resolving). The coarse resolution models usually correspond to the models with a horizontal resolution larger than 0.5 (⇡ 50 km).
These models do not resolve the mesoscale eddies present in real ocean dynamics and the transport of heat, salt and mass associated with it. Consequently, the
eddy-induced transport is usually parameterized in these models by sub-grid
scale diffusivity/advective scheme (Laplacian operator / Gent and McWilliams
formulation) [Gent and McWilliams, 1990]. Using this type of model allows
long time-scale integration such as the numerical solution reaches a statistical equilibrium. Contrary to the coarse resolution model, the eddy-admitting
models allow to simulate the non-linear dynamics. Eddy-permitting is an intermediate category where some eddies are generated but not fully resolved.
The weakness of these models lies in the fact that the computational resources
available today are insufficient to simulate the global and long-term variability
of the ocean. However, the increased spatial resolution force the model with a
more realistic representation of the bathymetry, which is relevant for simulating the correct transport in specific narrow passage.
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This doctoral thesis is a compilation of five papers. In these papers, the
investigations are based on simulations of the LGM and/or the Present-Day
ocean circulations. The change in the ocean circulations under the RCP4.5
and RCP8.5 future scenarios have been only glimpsed during the thesis, and
constitute a personal topic to pursue to investigate.
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2. Methodology & diagnostics

The main handwork during this thesis consisted in designing and analyzing
high- and low-resolution oceanic simulations for the period of the LGM and
the Present-Day. The changes in the large-scale ocean circulations under different climate conditions were assessed as well as the dominant spatio-temporal
structures of the modern Southern Ocean circulation. In this chapter, the ocean
model, piloted for these studies, is described as well as the surface boundary conditions for the LGM and the Present-Day (atmospheric forcing). Some
examples of the diagnostic tools to evaluate the large-scale ocean circulations
and quantify the effect of the model-grid resolution for representing the surface
state reconstructed from the paleo-archives are also provided.

2.1

Ocean model & Forcing

The OGCM NEMO [Madec, 2008] is used for designing the experiments.
This ocean model is based on the primitive equations and the following assumptions: spherical earth approximation, thin-shell approximation, turbulent
closure hypothesis, Boussinesq hypothesis, hydrostatic approximation, and
incompressibility hypothesis. Various horizontal grid mesh resolutions and
parametrizations exist in this ocean system. A resolution can be directly referred by its grid’s name called ORCA. Thus, ORCA1 and ORCA025, the
two configurations used in the studies, correspond to, approximately, the 1 degree horizontal resolution (362 ⇥ 292 points) and the 0.25 degree resolution
(1442 ⇥ 1021 points), respectively. The vertical resolution is based on depthcoordinate levels. The ORCA1 configuration is set up with 64 vertical levels
whereas the ORCA025 contains 46 levels. The vertical mesh is refined near
the surface and the partial step method (i.e., adaptive bottom boxes) is selected
for the better representation of the bathymetry [Barnier et al., 2006]. The bottom boundary conditions are modelled by a non-linear formulation of the bottom friction. A spatially variable geothermal heating can be applied as bottom
thermal condition but as not been considered in the studies presented here. The
ocean tracers, such as the temperature and the salinity, are linked to the density via a non linear equation of state [Jackett and McDougall, 2003] and the
sub-grid scale physics in the coarse resolution ORCA1 configuration is based
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on the Gent and McWilliams (GM90) parametrization [Gent and McWilliams,
1990] (i.e., the zonal, meridional and vertical velocities are made of one relative velocity plus an eddy-induced velocity). The ocean model is coupled every
two model hours with the multi-layer thermodynamic-dynamic LIM sea-ice
model version 2 [Fichefet and Morales Maqueda, 1997]. The sea-ice model
resolves the thermodynamic growth and decay of the ice, the ice dynamic and
transport. The sea-ice is considered as a 2D viscous-plastic body and the model
take into account the sub-grid scale effect of snow and ice thickness.
In the ocean-only simulations that have been carried out for this thesis, the
surface boundary conditions between the ocean/sea-ice and the atmosphere are
determined using the NCAR bulk formulae [Large and Yeager, 2004] based on
the states of the atmosphere and the SST. This formulation is the most popular
method and is used, for example, as the reference surface fluxes computational method for the numerical-model evaluations in the Coordinated OceanIce Reference Experiments (COREs) [Griffies et al., 2009] and the Drakkar
experiments [Barnier et al., 2007, Brodeau, 2007]. The method requires 8
near-surface atmospheric variables: the 10-m zonal and meridional velocities
(u10 and v10 ), the short- and long-wave surface radiation (radsw and radlw ),
the 2-m temperature and humidity (t2 and q2 ), the total precipitation (precip =
rain + snow) and the snow precipitation (snow). The freshwater budget is completed by adding the continental-river runoff. For the Present-Day conditions,
the ocean-only simulation is forced by atmospheric forcing field constructed
from the ERA40 dataset. This atmospheric forcing for the period 1958-2006
includes corrections for the surface temperature and humidity, winds, incoming radiation and precipitations [Brodeau et al., 2010]. For the LGM simulation, the atmospheric state is extracted from a quasi-equilibrated integration
carried out with the Community Climate System Model (CCSM3) [Brandefelt
and Otto-Bliesner, 2009]. This climate model is used to investigate the climate
sensitivity under past, present and future conditions, and is based on an atmospheric model including 128 longitudinal by 64 latitudinal points (T42) and an
ocean model with a resolution of approximately 1 .

2.2

Diagnostics of the large-scale ocean circulations

The ocean circulations are mainly driven by the winds, the tides and the thermohaline processes. In the present thesis, the circulations are investigated using the overturning stream function theory, which allows, for example, to represent the meridional or the total World Ocean volume transports in different
frameworks (depth, isotherms, isohaline or isopycnal). These stream functions
are capable of capturing both the wind-driven part of the circulations as well as
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the buoyancy-driven part. Additional model diagnostics are performed by the
oceanographic community and modelers and can be found in the reference paper about the Ocean-Sea-ice model intercomparison experiment [Griffies et al.,
2009]. Most of these diagnostics are used in the paper III to assess the model
behaviour subject to the glacial forcing. Hereafter, some stream functions that
allow to quantify the large-scale ocean circulations are presented.

2.2.1

Meridional overturning stream functions

• as a function of depth: the meridional stream functions in depth coordinates represents for each latitude the volume transport at each depth (Figure
2.1). The computation takes into account only the meridional component of
the currents. The mathematical formulation is written as:

Y (y, z) =

Z xW Z h
xE

z

(V +Veddy )dzdx

(2.1)

where y denote the latitude, z the depth, xE and xW the eastern and western
boundaries, V + Veddy the meridional velocity plus the eddy-induced velocity
(in the case when a coarse resolution model is employed).

Figure 2.1: World Ocean meridional overturning circulation as a function of the
depth diagnosed from the outputs generated by the NEMO model for an hindcast
simulation (1958-2006 period). The blue cells represent clockwise circulations
and the red cells correspond to anti-clockwise circulations
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• as a function of density: a fluid parcel tends to follow local neutral density surfaces instead of iso-depth [McDougall, 1987]. It is thus preferable to
represent the meridional circulation in the latitude-neutral density coordinates.
It has however been demonstrated that the MOC calculated on potential density
classes for s2 or deeper reference levels is able to capture similar pattern and
transports as a MOC calculated on neutral density classes [Hirst et al., 1996,
Lee and Coward, 2003]. The meridional stream function in potential density
coordinates (Figure 2.2) is computed using the formulation:

Y(y, s ) =

Z xW Z h

z(s )

xE

(V +Veddy )dzdx

(2.2)

where y denote the latitude, s the density (usually s2 ), z(s ) the depth
of the isopycnal, h the surface elevation, xE and xW the eastern and western
boundaries, V + Veddy the meridional velocity plus the eddy-induced velocity.
This representation allows to estimate the meridional buoyancy transport as
the integral of the transports along each isopycnal for a specific latitude (Eq.
2.3).

B(y) =

Z rmax
rmin

Y(y, r)dr

(2.3)

• as a function of temperature: the meridional stream functions in temperature coordinates represents for each latitude the volume transport within
specific isotherms (Figure 2.3). Here again, the computation takes into account
only the meridional component of the currents. The mathematical formulation
of the volume transport is given by:

Y(y, q ) =

Z xW Z q
xE

qmin = 4 C

(V +Veddy )dq dx

(2.4)

where y denote the latitude, q the temperature, xE and xW the eastern and
western boundaries, V + Veddy the meridional velocity plus the eddy-induced
velocity. A positive heat transport is a transport towards the north pole, a negative transport is towards the south pole. The integral of the transports along
each isotherms for a specific latitude gives an estimation of the oceanic meridional heat transport (Eq. 2.5).

H(y) =
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Z qmax
qmin

rCp Y(y, q )dq

(2.5)

Figure 2.2: World Ocean meridional overturning circulation as a function of
the potential density s2 diagnosed from the outputs generated by the NEMO
model for an hindcast simulation (1958-2006 period). The blue cells represent
clockwise circulations and the red cells correspond to anti-clockwise circulations.
The upper diagram shows the meridional buoyancy transport

where y denote the latitude, q the temperature, r = 1035 kg.m 3 the average density of seawater and C p = 4000 J.(kg. C) 1 the specific heat for seawater.
For the three stream functions previously defined, the circulations are characterized by three main features:
1 - two tropical closed-circulations facing each other with opposite sign
between 40 S and 40 N in the upper 500 meters. They transform the warm
surface waters located at the Equator into colder water in higher latitude. Moving poleward, these waters reach the maximum latitude of 40 where they sink
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Figure 2.3: World Ocean meridional overturning circulation as a function of
the potential temperature q diagnosed from the outputs generated by the NEMO
model for an hindcast simulation (1958-2006 period). The blue cells represent
clockwise circulations and the red cells correspond to anti-clockwise circulations.
The upper diagram shows the meridional heat transport

and return equatorward to close the transformation. Note that these cells can
be seen as the twins cell of the Hadley circulations in the atmosphere.
2 - the Northern Hemisphere tropical cell is embedded in a larger circulation which spreads from the arctic region to the Southern Hemisphere at a
mean depth of 1000 meters. This circulation is often named the North Atlantic Deep Water (NADW) because it mainly occurs in the Atlantic basin.
It is described as the transport of the relatively warm surface waters located
in the Tropical Atlantic towards the Arctic basin. These surface waters become denser when reaching the North Atlantic region, plunge in order to form
30

the southward branch of the NADW. The maximum value in this circulation
corresponds to the strength of the overturning in the North Atlantic basin. In
the Southern Ocean, these waters upwell and move equatorward. Note that the
close circulation that occurs between 40 S and 60 S is often named the Deacon
Cell. A much better description of the Southern Ocean overturning circulation
in geometrical coordinates arises when the residual circulation is considered,
i.e., the transport by transient eddies is also accounted for. It is preferable to
evaluate this circulation in density space or streamline coordinates (cf. paper
II).
3 - it exists a deep cell (below 3000 meters) where the cold waters circulate.
This circulation takes its source near Antarctica and consists in the transformation of the cold surface waters into cold deep waters.
• as a function of salinity: the meridional stream functions in salinity
coordinates represents for each latitude the volume transport within specific
isohalines (Figure 2.4). Here again, the computation takes into account only
the meridional component of the currents. The mathematical formulation of
the volume transport is written as:

Y(y, S) =

Z xW Z S
xE

Smin =30PSU

(V +Veddy )dSdx

(2.6)

where y denote the latitude, S the salinity, xE and xW the eastern and western boundaries, V + Veddy the meridional velocity plus the eddy-induced velocity. A positive freshwater transport is a transport towards the north pole,
a negative transport is towards the south pole. The integral of the transports
along each isohaline for a specific latitude gives an estimation of the meridional freshwater transport (Eq. 2.7).

F(y) =

Z Smax
Y(y, S)
Smin

Sr

dS

(2.7)

where y denote the latitude, S the salinity, and Sr = 35 PSU is a constant
reference salinity.
In the latitude - salinity space, the meridional circulations are more complex. The meridional transport in the modern Global Ocean can be decomposed in three circulations (not shown): a closed-circulation in the Southern
Ocean, the circulations above the 35 PSU isohaline (Atlantic circulation) and
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Figure 2.4: World Ocean meridional overturning circulation as a function of the
salinity S diagnosed from the outputs generated by the NEMO model for the
hindcast simulation (1958-2006 period). The blue cells represent clockwise circulations and the red cells correspond to anti-clockwise circulations. The upper
diagram shows the meridional freshwater transport

the circulations below (Indo-Pacific basin). In the Southern Ocean, the meridional transport consists in the poleward transport of saline (35 PSU) surface
water and a return flow near 60 S accompanied with the sinking of fresher waters (this result in the northward freshwater transport). In the Atlantic basin,
the northward transports of the saline tropical waters reach the high northern
latitude, and the flow then goes equatorward with an isohaline transformation.
In the Indo-Pacific basin, the transports consist in the recirculation of the waters fresher than 35 PSU. In the Atlantic and Indo-Pacific basin, the freshwater
transport is directed southward and reach a maximum value near the Equator.
32

2.2.2

Thermohaline stream function

The thermohaline stream function (Eq. 2.8) represents the volume transport
brought about the temperature and the salinity difference between ocean basins
[Döös et al., 2012, Zika et al., 2012]. This representation has the advantage of
taking into consideration the three-dimensional aspect of the ocean circulations (not only the meridional component, as the previous computations do).
Moreover, it captures both the transports as well as the parameters of state
(temperature and salinity) of the ocean waters. The transport of water are computed using the three dimensional potential temperature, salinity and the zonal,
meridional and vertical mass fluxes from each grid boxes of the OGCMs.
The thermohaline stream function is thus formulated :
Y(S, q ) =

Z

Ath(S,q )

(~V + ~Veddy )d~A

(2.8)

where Ath(S, q ) represents the part of the isothermal surface q where the
salinity are less than S, ~V and ~Veddy are the three dimensional eulerian and
eddy-induced velocities, and d~A is the element surface on Ath(S, q ) pointing
towards increasing temperature. Note that with this type of stream function it
is possible to evaluate the transport of heat within specific isohaline as well as
the transport of freshwater within specific isotherm (Eqs. 2.9 & 2.10), which
may be a relevant diagnostic of the oceanic reorganizations in a context of climate change as well as for comparing various model integrations.

H(S) = rCp

Z qmax
qmin

Y(S, q )dq

(2.9)

where S is the salinity, q the temperature, r = 1035 kg.m 3 the average
density of seawater and C p = 4000 J.(kg. C) 1 the specific heat for seawater.
F(q ) =

Z Smax
Y(S, q )
Smin

Sr

dS

(2.10)

where q is the temperature, S is the salinity, and Sr = 35 PSU is a constant
reference salinity.
The World Ocean circulations in this Temperature-Salinity diagram are
made of three main cells (Figures 2.5 & 2.6): the Tropical Cell, which reflects the water mass transformation in the upper near-equatorial Pacific; the
Conveyor Belt Cell, which is the dominant circulation in this diagram and represents the inter-ocean transport of heat and salt; and one cold temperature
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Figure 2.5: World Ocean thermohaline circulation in the q -S diagram diagnosed from the outputs generated by the NEMO model for an hindcast simulation (1958-2006 period). The blue cells represent clockwise circulations and
the red cells correspond to anti-clockwise circulations. The grey lines represent
isopycnal layers s0 (thick line) and s2 (dashed lines). The upper diagram shows
the heat transport within specific isohaline, the left diagram shows the freshwater
transport within specific isotherms

cell which corresponds to the AABW circulation. This later cell is particularly
weak in the Present-Day simulation but is larger in the LGM simulation due to
the saline stratification in the abyssal ocean (Figure 2.6).
In using this stream function and the volumetric distribution of sea-water
in the T-S diagram, it is possible to estimate the time needed for a particle to
complete an entire circuit in the Conveyor belt, a.k.a the turnover time [Döös
et al., 2012]. This time corresponds to the ratio between the volumetric distri34

Figure 2.6: World Ocean thermohaline circulation in the q -S diagram diagnosed
from the outputs generated by the NEMO model for the LGM simulation. The
blue cells represent clockwise circulations and the red cells correspond to anticlockwise circulations. The grey lines represent isopycnal layers s0 (thick line)
and s2 (dashed lines). The upper diagram shows the heat transport within specific isohaline, the left diagram shows the freshwater transport within specific
isotherms

bution and the volume transport within specific streamlines (Figure 2.7 & 2.8).
The combination of all these different diagnostics is particularly efficient
since it allows to capture the large-scale ocean wind-driven and thermohaline
circulations, as well as the large-scale transports of heat and freshwater that the
ocean is carrying. The complete behaviour of an ocean model is not limited to
these kinds of analysis. Other stream functions (barotropic, depth-isopycnal)
and methods exist and can complement the diagnostics presented before.
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Figure 2.7: Turnover times in the q -S diagram diagnosed from the outputs generated by the NEMO model for an hindcast simulation (1958-2006 period)

Figure 2.8: Turnover times in the q -S diagram diagnosed from the outputs generated by the NEMO model for an LGM simulation
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2.3

Diagnostics to confront the ocean model with proxydata

In paper IV, the comparison between the reconstructed and the modeled SSTs
is performed using the Taylor diagram [Taylor, 2001]. This diagram summarizes how close modeled and observed/reconstructed patterns are via their
correlation coefficient R, their centered root-mean-square difference and the
amplitude of the variations between the two analyzed fields (i.e., the standard deviations). Examples of Taylor diagram are presented in Figure 2.9,
which compare the models (NEMO-ORCA1, NEMO-ORCA025 and CCSM3)
annual, winter and summer SSTs with the paleo-proxy reconstructions from
MARGO synthesis. This is made by taking the simulated SSTs at the closest
model grid-box coordinates from the location of the proxy data-point.

Figure 2.9: Taylor diagrams for the annual, boreal winter (JFM) and boreal summer (JAS) LGM sea surface temperature between 25 and 50 S. The proxy-data
locations are shown in the upper right-hand diagram. The thick grey contours
represent the root-mean-square error (RMSE) in SST expressed in C

The performance of the models can also be evaluated by their skill score
[Taylor, 2001]. The skill score S is a measure of the correlation between the
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simulated and reconstructed SSTs, given their respective variability:
S=

4(1 + R)
,
(ŝ f + 1/ŝ f )2 (1 + R0 )

(2.11)

where R is the correlation coefficient between simulated and reconstructed
SSTs, ŝ f the ratio between the model variance and the MARGO dataset variance, and R0 = 1 is the maximum (positive) correlation attainable. In our
cases, the reference fields are the MARGO annual-mean, boreal-winter (JFM)
and boreal-summer (JAS) SSTs, while the "test" fields are the model outputs.
The skill scores are defined with R0 set equal to 1, i.e. when the model results
exactly fit the reconstruction. A skill score S = 1 means that the model performs well while a score S = 0 is a bad score.
Other statistical tests exist to confront model outputs and proxy-data. They
are not mentioned in this thesis and constitute a topic of interest for the future
research.
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3. Main results from the papers

3.1

Paper I: "The World Ocean Thermohaline Circulation"

This paper is the document that introduces the formulation of the new thermohaline stream function and its application in a realistic simulation carried
out with the NEMO Ocean General Circulation Model. By using this stream
function it is possible to 1) identify and quantify the volume transport of the
thermohaline cells; 2) reproject a thermohaline stream layer to longitude - latitude space in order to clearly distinguish the Conveyor Belt; 3) calculate the
turnover time of the Conveyor Belt, which ranges between two centuries and
two millennia depending on which stream layer is considered; and 4) calculate
the heat transport across the isohalines and the freshwater transport across the
isotherms of the dominant thermohaline cells.
In analyzing an eddy-permitting hindcast simulation for the period 19582006, it is found that the ocean circulation in the T-S diagram is represented
by three cells (Figure 4a, hereafter): a surface cell or Tropical cell which corresponds to the shallow wind-driven circulation in the Equatorial Pacific; an
inter-ocean cell or Conveyor Belt Cell which transports water between the
Indo-Pacific and the North Atlantic in connection with the North Atlantic Deep
Water formation; and a deep cell associated with the AABW. The overturning times of the Conveyor Belt are estimated to be between 1000 and 2000
years (Figure 4d hereafter), depending on the choice of stream layer. The heat
and freshwater transports of the two dominant thermohaline cells (Tropical
and Conveyor Belt Cells) have been calculated by integrating the thermohaline stream function over the salinity or temperature, yielding a maximum heat
transport of the Conveyor Belt of 1.2 PW over the 34.2 PSU salinity surface
and a freshwater transport of 0.8 Sv over the 9 C isotherm (Figure 11, hereafter). We conclude that the calculation of the thermohaline stream function
is a powerful tool not only for analyzing the ocean circulation but also for
comparing and "validating" different model integrations.
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The thermohaline streamfunction does not provide any
direct information about the geographical characteristics
of the cells. It is, however, possible to indirectly project the

a. The conveyor belt cell

The freshwater transport as function of temperature,
shown in Fig. 11b, is obtained from Eq. (6). It is divided
between the cells in the same way as the heat transport.
The positive sign, of the blue curve in Fig. 11b, for the
conveyor belt indicates a freshwater transport from cold
specific temperature and salinity intervals. These waters
have hereafter been located in the longitude–latitude
to warm waters. Between 78 and 158C, the freshwater
space of Fig. 6, respecting the same color conventions
transport is about 0.7 Sv. This number can be compared
for the temperature and salinity intervals as in Fig. 4c with
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6. Discussion and general conclusi
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FIG. 11. The heat and freshwater transports of the conveyor belt
and tropical cells. (a) The heat transport as a function of salinity.
Units are in PW (1015 W). (b) The freshwater transport as a function of temperature. Units are in 106 kg s21.
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FIG. 4. The thermohaline view of the global ocean as a function of temperature and salinity. (a) The thermohaline
streamfunction. The conveyor belt cell is the blue clockwise circulation corresponding to water-mass conversion from
warm water to more saline, then to cold, then to less saline, and back to warm water. The tropical red cell flows in
opposite direction. Units are in Sv with a volume transport of 4 Sv in each of the layers. (b) The thermohaline
streamfunction with isopycnals for s0 (solid) and s4 (dashed). (c) The stream layer between the 6- and 14-Sv
streamlines. The colors change as a clock with its center in the middle of the cell so that each color indicates particular
temperature and salinity intervals in the same way as in Fig. 1. (d) The turnover time for the different stream layers.
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values must be created at the surface of the ocean, and the
surface fluxes may play a role for the water-mass transformation everywhere in the T–S plane. The relative importance of surface fluxes and interior diffusive fluxes
remains to be investigated.
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3.2

Paper II: "The residual circulation of the Southern Ocean:
Which spatio-temporal scales are needed?"

This paper focuses on the modern Southern Ocean circulation. The Southern
Ocean circulation consists of a complicated mixture of processes and phenomena that arise at different time and spatial scales which need to be parametrized
in the state-of-the-art climate models. Therefore, to investigate the time and
spatial scales associated with the eddies included a realistic eddy-permitting
global simulation, temporal and spatial filtering are performed on the Southern Ocean meridional overturning stream function as a function of latitude and
potential density s2 . From this diagnostic it is shown that :
1) the region sensitive to the temporal decomposition is located between
38 S - 63 S, associated with the eddy-induced transport. The "Bolus" component of the residual circulation corresponds to the eddy-induced transport.
It is dominated by timescales between 1 month and 1 year. The temporal behaviour of the transient eddies is examined in splitting the "Bolus" component
into a "Seasonal", an "Eddy" and an "Inter-monthly" component, respectively
representing the correlation between density and velocity fluctuations due to
the average seasonal cycle, due to mesoscale eddies and due to large-scale motion on timescales longer than one month that is not due to the seasonal cycle.
The "Seasonal" bolus cell is important at all latitudes near the surface. The
"Eddy" bolus cell is dominant in the thermocline between 50 S and 35 S and
over the whole ocean depth at the latitude of the Drake Passage. The "Intermonthly" bolus cell is important in all density classes and is maximal in the
Brazil-Malvinas Confluence and the Agulhas Return Current.
2) the Southern Ocean cells have distinct spatial scales. The AntArctic
Bottom Water formation occurs on spatial scale less than 3 with time scales
of less than one month. Similarly, the Antarctica Circumpolar Current (ACC)
surface cell is dominated by small scale processes (less than 3 ), but is weakly
associated with transient eddies. Small-scale standing eddies are important
in the ACC, near the Subantarctic and Polar Fronts, and near the Subtropical
Front.
3) transient eddies with time scales shorter than one month are important
in the upper ocean between 58 S and 35 S and over the whole ocean depth at
the latitude of Drake Passage.
4) the Drake Passage, the Agulhas Retroflection, the Falkland Basin and
the Kerguelen Plateau are areas of intense bolus activity, where the bathymetry
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plays an important role on the currents.

Author's personal c

We conclude that the temporal scales required for diagnosing the Southern
Ocean overturning should not exceed 1 month, and to fully capture the residual
overturning across Drake Passage smaller time scales of 5 days, or even less are
required. The spatial scales needed to be taken into account must be smaller
than541 , preferably 1/4 .
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Fig. 7. Pixelated representation of the maximum meridional overturning (in Sv) in
the Southern Ocean for various temporal and spatial filtering scales.

meridional overturning in the Southern Ocean varies between
10.5 Sv to 28.8 Sv. Two distinct regimes are noted: for the small
scales processes with length scales less than 11.25!, significant
changes in the maximum overturning associated with the tempo42 ral filtering occurs (transient eddies), indicating that transient eddies at these length scales are prominent, whereas for larger spatial
decomposition (11.25!–360!) the overturning is unchanged for
temporal filtering. In other words, the standing-eddy part of the
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3.3

Paper III: "A Last Glacial Maximum World Ocean
simulation at eddy-permitting resolution - Part I : Experimental design & basic evaluation"

In this paper, the design and evaluation of an eddy-permitting World Ocean
simulation for the period of the Last Glacial Maximum (LGM) is presented
in order to investigate the plausible improvements allowed by the permitted
eddies (investigated in part II). The ocean general circulation model is forced
by a 49-year sample of LGM atmospheric fields constructed from a quasiequilibrated climate model simulation, and is initialized with the temperature
and salinity from the same climate model integration.
In this first part of the study, the LGM simulation is compared with a
Present-Day (PD) eddy-permitting hindcast simulation and the available PMIP
results. It is shown that:
1) the LGM North Atlantic, the North Pacific, the Arctic and the Antarctic
show a tendency toward cold surface temperatures due to the sea-ice cover.
The highest SSTs are found in the equatorial region of the western Pacific and
the eastern Atlantic, and the eastern and equatorial Pacific cold tongue is also
captured.
2) compared with the PD, the largest difference in the sea surface salinity
are found in the polar regions, where the sea-ice formation at the ocean surface
rejects brine, which participates in the densification of the waters.
3) the LGM deep mixed layers are found in the region where thick seaice is formed and where the warm and saline tropical waters encounter the
cold and fresh conditions near the sea-ice edge. In the Northern Hemisphere,
deep-water formation hence takes place in the Arctic basin and near 30 N, suggesting that the LGM Atlantic circulation may differ from that of the PD case.
In the Southern Hemisphere, this process takes place in the northern branch of
the ACC and along the coast of Antarctica (adjacent to the Weddell and Ross
Seas), also here associated with the sea-ice dynamics.
4) the LGM sea-ice cover is larger than in the PD simulation. The sea-ice
area is increased by a factor 1.5 in the Northern Hemisphere and by 11.8 in the
Southern Hemisphere during the boreal winter. During summer it increases by
a factor 1.7 and 2.4 in the Northern and Southern Hemisphere, respectively.
The seasonality of the Southern-Ocean sea-ice cover is not captured by the
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eddy-permitting simulation and our results are thus not fully consistent with
the paleo-reconstructions.
5) the effect of the sea-ice cover in the North Atlantic region tends to decrease the temperature in the uppermost 100 m between 40 N and 60 N. The
deep ocean is represented as horizontal layers of fluid of different salinities,
from 36 PSU at a depth of 1000 m to 37.25 below 3000 m; and the most saline
waters are found in the deep Southern Ocean.
6) due to the changes of the convection regions, the sinking takes place between 30 and 65 N in the LGM simulation. The return flow in the LGM simulation is found at a shallower depth (1000m) than in the PD case (3500m),
mainly due to the larger intrusion of the Antarctic Bottom Water (AABW)
into the world-ocean basins. Most of the thermohaline circulation is thus
"squeezed" into a thinner layer.
7) as a consequence of the reduced AMOC, the northward heat transport in
the Atlantic basin is on average reduced by 0.25 PW between 35 S and 35 N,
reaching a maximum of 0.6 PW near 25 N.
We conclude that the LGM eddy-permitting simulation is consistent with
the quasi-equilibrated source simulation (CCSM3), but larger discrepancies
exist with the PMIP model analysis probably due to the difference in the equilibration state. Despite the discrepancies with other LGM simulations, a glacial
state is captured and this eddy-permitting simulation constitutes a valuable set
of data to confront to the paleo-proxy reconstruction and presented in the following paper.
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3.4

Paper IV: "A Last Glacial Maximum World Ocean
simulation at eddy-permitting resolution - Part II : Confronting to the paleo-proxy data"

In this part II, the paper focuses on whether the eddy-permitting LGM oceanic
simulation is able to improve the numerical results with regards to the available paleo-proxy reconstructions. The eddy-permitting simulation (NEMOORCA025) and two coarse simulations of the same LGM period (NEMOORCA1 and CCSM3 source simulation) are confronted to the Multiproxy Approach for the Reconstruction of the Glacial Ocean Sea Surface Temperatures
(MARGO SSTs) and some sea-ice reconstructions.

N–90
N–50
S–25
S–50

N
N
N
S

CCSM3

Annual

Winter (JFM)

Summer (JAS)

Annual

Winter (JFM)

Summer (JAS)

Annual

Winter (JFM)

Summer (JAS)

0.01
0.83
0.55
0.97

0.01
0.92
0.63
0.98

0.04
0.90
0.62
0.97

0.02
0.87
0.56
0.97

0.03
0.95
0.66
0.98

0.04
0.92
0.63
0.97

0.05
0.86
0.56
0.97

0.04
0.94
0.66
0.98

0.16
0.88
0.63
0.97

Discussion Paper

50
25
25
25

NEMO-ORCA1

|

NEMO-ORCA025

Discussion Paper

Table 2. Skill scores as defined by Taylor (2001) for the NEMO-ORCA025, NEMO-ORCA1 and
CCSM3 experiments.

|

We conclude that more experiments and paleo-proxy date are required,
either corroborating or invalidating the results of the present study and that
only provisional conclusions may be drawn.

Discussion Paper

By using the Taylor diagram representation and the estimation of the skill
scores in 4 latitudinal bands, it is found that the eddy-permitting simulation
do not significantly improve the representation of the SST with regards to the
paleo-reconstructions. Although the western boundary currents are better resolved in the high-resolution experiment than in the coarse simulations, the
different structures of the SSTs have an impact for the local reconstruction
but not for the global statistical analysis (cf. skill scores in Table 2 hereafter).
Moreover, the simulated sea-ice are inconsistent with the paleo-reconstructions
as in the majority of the PMIP model analysis.
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3.5

Paper V: "The vigorous large-scale circulation during
the Last Glacial Maximum"

In this paper, the changes in the THC during the Last Glacial Maximum (LGM)
and the Present-Day (PD) are explored by using the thermohaline stream function introduced in Paper I. The analysis is carried out by using the NEMO
ocean model outputs in its coarse resolution configuration and integrated for a
1000 year-long period.
The diagnostics indicate that the thermohaline transformations can differ
between the LGM and the PD experiments (Figure 2 hereafter). The PD Tropical Cell is centered at 35 PSU - 27 C and has a maximum transport of 21Sv
corresponding to the shallow wind-driven transport (equatorial undercurrent
in the central Pacific). In comparison with the PD condition, the Tropical Cell
in the LGM simulation is shifted toward colder and fresher waters due to the
cold climate conditions, the reduced evaporation and the increased precipitation over the Tropical ocean.
For each simulation, the Conveyor Belt Cell is the dominant circulation
in the temperature-salinity space. However, the shapes of the Conveyor Belt
Cell are different between the two experiments. In the LGM simulation, the
Conveyor Belt Cell occupies more isohaline layers than in the PD simulation
since the Atlantic thermohaline regime is changed (saline waters are found in
the North Atlantic surface and the abyss due to the AABW intrusion). A nearisothermal transformation (near 22 C) occurs in the Atlantic basin. It corresponds to the inter-tropical circulations driven by the strong salinity contrast
between the North and South Atlantic basins in the LGM simulation. This is
not observed in the PD simulation which is mainly driven by the differences
in temperatures rather than the differences in salinities. In addition to that, the
LGM Conveyor Belt Cell is lifted and deviated from the area of maximum volumetric distribution (Figure 3 hereafter) by the AABW.
The AABW cell is minor in the PD simulation (centered at 34.7 PSU and
1 C) because the modern deep ocean is relatively homogenous in temperature
and salinity. In comparison, cross-isopycnal waters transformations occur in
the LGM simulation between -2 C to 1 C and 35 PSU and 37 PSU due to the
deep saline stratification.
Additionally, the estimation of the turnover times indicates that the circulation in the Conveyor Belt Cell is more vigorous during the LGM conditions
than in the PD experiment (Figure 4 hereafter). In the PD simulation, these
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times vary between 50 years (where the waters conversion is minimum) and
more than 2500 years (global-scale transports). The times in the LGM Conveyor Belt are shorter (between 50 and 800 years).
X - 20
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Figure 2. The thermohaline stream functions computed for the LGM and the PD simulations
superimposed with the

0

(solid) and

4

(dashed) isopycnal contours (contour interval = 1

kg.m 3 )

Figure 3. Global Ocean volumetric distribution of sea-water in the T-S diagram for the LGM
and the PD simulations superimposed with the thermohaline stream functions (white contours)
from Figure 2

Figure 4.
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4. Conclusions & Perspectives

The numerical models are becoming more and more complex, useful and efficient for understanding climate changes on the Earth. They generate a large
amount of information or data which allow, for example, to draw the different faces of the climate, such as the changes in the ocean circulation from the
glacial state to the present-day conditions. In this doctoral thesis, numerical
models of the ocean were designed, tested and analyzed for different climate
scenarios and grid-resolutions.
What are the main outcomes from these works? Pro primo, it has been possible to reproduce a glacial state using a low- and a high-resolution OGCM by
applying boundary conditions from a previous model run. From the analysis
presented in paper III and IV, it seems that the LGM coarse resolution simulations are statistically equivalent to the eddy-permitting simulation for representing the global SST state reconstructed from paleo-fossil. Despite regional
improvements in the structure of the SSTs in the eddy-permitting model, these
improvements do not participate significantly in the global statistical score and
more paleo-reconstructions are required for either corroborating or invalidating the results of the study. Nevertheless, the dynamic associated with these
improvements needs to be incorporated/parametrized in the state-of-the-art climate models which usually include a coarse resolution ocean model. It is
thus important to quantify the dominant spatial/temporal scales that need to be
parametrized in these models. In paper II, by applying temporal and spatial
filtering on the Southern Ocean meridional overturning, it is shown that the
upwelling and downwelling branches of the overturning are sensitive to the
filtering, that a large part of the circulation is recovered for a spatial scale of
11 and that most of the eddy-induced part of the circulation is dominated by
time scale of a few months to one year.
Pro secundo, it has been shown that the ocean may experience different
thermohaline regimes. This was brought to light by using the new thermohaline stream function presented in paper I. Between the LGM and the PresentDay conditions, the large-scale paths of the ocean water parcel are not significantly changed (i.e., the Conveyor Belt and the Tropical cells remain) but
the regional transformations can differ which may thus generate feedbacks on
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the global climate system. More importantly, the estimation of the turnover
times within each stream layers shows that the Conveyor Belt may experience
various paces. Under the Present-Day conditions, the turnover time in the Conveyor Belt Cell varies between 50 years for the short water masses transformation to more than 2500 years for the large-scale and inter-basins circulations.
For the LGM experiment, these turnover times are shorter. In other words, the
Conveyor Belt circulation during the LGM is more isolated from the abyss,
most of the LGM thermohaline transformation in the Conveyor Belt occur in
a thiner layer than the ocean is experiencing today, especially due to a large
intrusion of the AABW in the World Ocean basin.
To conclude, all the investigations carried out during this doctoral thesis do
not solve the complexity of the ocean and the climate system. It is perilous to
understand the real large-scale ocean circulations and its small-scale processes,
especially in a context of climate change. As mentioned by Wunsch [2007],
"Determining the past and future circulations is not easy, but hiding the difficulties is not a viable option". The natural continuation of the works presented
here would be to pursue the investigations of these global and regional climate
changes for the different climate conditions (Holocene, Last Millennium, future climate scenarios) and model resolutions (coarse, eddy-permitting/eddyresolving), and to investigate other statistical methods to confront models and
paleo-proxy data.
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ABSTRACT
A new global streamfunction is presented and denoted the thermohaline streamfunction. This is defined as
the volume transport in terms of temperature and salinity (hence no spatial variables). The streamfunction is
used to analyze and quantify the entire World Ocean conversion rate between cold/warm and fresh/saline
waters. It captures two main cells of the global thermohaline circulation, one corresponding to the conveyor
belt and one corresponding to the shallow tropical circulation. The definition of a thermohaline streamfunction also enables a new method of estimating the turnover time as well as the heat and freshwater
transports of the conveyor belt. The overturning time of the conveyor belt is estimated to be between 1000 and
2000 yr, depending on the choice of stream layer. The heat and freshwater transports of these two large
thermohaline cells have been calculated by integrating the thermohaline streamfunction over the salinity or
temperature, yielding a maximum heat transport of the conveyor belt of 1.2 PW over the 34.2-PSU salinity
surface and a freshwater transport of 0.8 Sv (1 Sv [ 106 m3 s21) over the 98C isotherm. This is a measure of the
net interocean exchange of heat between the Atlantic and Indo-Pacific due to the thermohaline circulation.

1. Introduction
The World Ocean thermohaline circulation is frequently idealized as a conveyor belt transporting heat
and freshwater from the Indo–Pacific to the Atlantic
(Broecker 1987). This interocean exchange of heat and
freshwater, closely associated with the formation of
North Atlantic Deep Water (NADW), is of key importance for the climatic and hydrographic differences
between the North Atlantic and the North Pacific. It
should be noted, however, that the freshwater transport
into the Atlantic is to a large extent accomplished by the
Southern Hemisphere subtropical gyres (Talley 2008).
In fact, the interocean flow tied to the formation of
North Atlantic Deep Water acts in many ocean circulation models to export freshwater southward out of
the Atlantic (e.g., Rahmstorf 1996; Hawkins et al. 2011),
thereby contributing to the salinization of the Atlantic
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DOI: 10.1175/JPO-D-11-0163.1
! 2012 American Meteorological Society

basin. Nevertheless, the great ocean conveyor belt due
to Broecker (1987), encapsulated in a well-known schematic of the ocean circulation, portrays some key element of the interocean circulation. The pathways of the
conveyer belt–like circulation have been traced with
different methods such as hydrographic sections (e.g.,
Gordon 1986), radiocarbon concentrations (e.g., Broecker
1991), inverse methods (e.g., Rintoul 1991), and ocean
general circulation models (OGCMs).
The advantage of using model data is, of course, that
there are nearly continuous spatial and temporal data of
the physical variables. Nevertheless, it is still not clear
how to best trace and understand the ocean circulation
because it is necessary to simplify the time-dependent
three-dimensional (3D) fields into a 2D image. When analyzing model integrations, the main challenge is therefore to extract the phenomenon under consideration,
which in our case is the conveyor belt, associated with
the interbasin exchange of water masses. This can be
accomplished in several different ways, such as analyzing 1) model-simulated water-mass data in a similar way
as any analysis based on observational data, 2) passive
tracers (e.g., England 1995; Stevens and Stevens 1999),
3) Lagrangian trajectories (e.g., Döös 1995; Speich et al.
2002) and 4) overturning streamfunctions (e.g., England
1992; Döös 1996; Nycander et al. 2007; Döös et al. 2008).
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FIG. 1. The conveyor belt illustrated with Lagrangian trajectories. Color indicates the temperature and salinity composition, with red for warm water, green for cold water, yellow for
saline water, and blue for less saline water. This figure is also shown as an animation in
supplement 1.

Model-calculated Lagrangian trajectories provide a
more detailed view than do the usual schematic illustrations of the ocean conveyor belt. Figure 1 and the
animation (available as supplemental material at the
Journals Online website: http://dx.doi.org/10.1175/JPOD-11-0163.s1) show Lagrangian trajectories of the conveyor belt that have been calculated using Nucleus
for European Modelling of the Ocean (NEMO) modelsimulated velocity fields and the Tracing the Water
Masses (TRACMASS) code (de Vries and Döös 2001).
However, the limitation of most of these methods
of tracing the conveyor belt is that they do not yield
any quantification of the thermohaline circulation and
hence no measure of its importance for the oceanic
temperature and salinity distribution and the climate.
A more quantitative measure is given by the meridional overturning streamfunctions in Fig. 2, which show
the total volume transport as a function of latitude and
depth/temperature/salinity. These streamfunctions are
all based on zonal integration. Another possibility is to
compute a streamfunction with depth and density as
coordinates (Nycander et al. 2007). This streamfunction
is well suited to analyze the transformation between
kinetic and potential energy and also (e.g., the streamfunction in latitude–density coordinates) distinguishes
between isopycnal and diapycnal flows.
In the present study, we present a new global streamfunction, denoted the thermohaline streamfunction, with
temperature and salinity as coordinates. This makes it possible to display water-mass transformations in temperature
and salinity in the same diagram, whether they are isopycnal or diapycnal. It is obtained by a global integration of the
volume transport across the temperature and salinity surfaces and hence does not depend on any spatial variables.

A temperature–salinity streamfunction was first introduced by Blanke et al. (2006) but then by summing
over selected Lagrangian trajectories, which made it
possible to limit the study to the Atlantic Ocean. The
thermohaline streamfunction in the present study is
calculated directly from the Eulerian velocity fields from
the OGCM and requires for mass conservation reasons
that the velocity fields are integrated over the entire
model domain with no open boundaries. In simultaneous and independent work, Zika et al. (2012) have
made a similar analysis of the thermohaline streamfunction as the one in the present study. They find similar
thermohaline cells as here, but with velocity fields from
the ocean part of a climate model with coarse resolution.
The work is organized as follows: In section 2, we
present the OGCM and introduce the thermohaline
streamfunction. In section 3, we describe the structure of
the thermohaline cells obtained with the streamfunction
and how they are reprojected to horizontal large-scale
circulation. In section 4, we calculate the World Ocean
turnover time from the thermohaline cells. In section 5,
we present the heat and freshwater transports that are
associated with the thermohaline cells. In section 6, we
summarize and discuss the results. The discretization of
the thermohaline streamfunction is given in the appendix. In addition to this, there are three animations as
supplementary material.

2. Methods
a. The ocean general circulation model NEMO
The ocean velocity field has been obtained from the
NEMO ocean/sea ice general circulation model (Madec
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The initial conditions for the temperature and salinity
fields are based on Levitus et al. (1998). The spinup
takes place over the years 1957–99, and the analysis
covers the period 2000–06.

b. The thermohaline streamfunction

FIG. 2. The global meridional overturning streamfunction as
a function of (top) depth, (middle) temperature, and (bottom)
salinity. Units are in Sv with a volume transport of 4 Sv in each of
the layers (between the black streamlines).

2008). The model configuration employed, ORCA025,
has a tripolar grid with a 1/ 48 horizontal grid resolution
(27.75 km) at the equator. The grid is finer with increasing latitudes, yielding a 13.8-km resolution at 608S
and 608N. The spatial resolution is hence only eddy
permitting, not truly eddy resolving. The water column
is divided into 75 levels, with a grid spacing ranging from
1 m near the surface to 200 m at the bottom. The configuration was described and is developed by Barnier
et al. (2006, 2007), who demonstrated its high capacity
for representing strong currents and eddy variability,
even compared with more highly resolved models. The
Laplacian lateral isopycnal tracer diffusion coefficient is
300 m2 s21 at the equator and decreases poleward in
proportion to the grid size. The sea ice model was developed by Fichefet and Maqueda (1997). The atmospheric forcing is derived by Brodeau et al. (2010) and
based on the 40-yr European Centre for Medium-Range
Weather Forecasts (ECMWF) Re-Analysis (ERA-40)
and ERA-Interim reanalyses (Uppala et al. 2008). The
model is forced using the ‘‘bulk’’ method as described
in Large and Yeager (2004). The surface salinity is restored with a relatively strong damping coefficient of
226.9257 mm day21. The velocity fields were archived
in time means of 5 days. The model is fully prognostic
(viz. it does not use assimilated data; neither satellite
altimetry nor in situ temperature or salinity), and its
results can therefore differ substantially from observations in some areas.

The traditional meridional overturning streamfunction c(f, z), where f is latitude and z is depth, is
defined as the northward volume transport through the
vertical surface at the latitude u below the depth z. Because of mass conservation, this is equal to the upwelling
[or downwelling when c(f, z) is negative] through the
horizontal surface at depth z north of the latitude f. This
streamfunction is shown in Fig. 2 (top).
Figure 2 (middle) shows the streamfunction c(f, T ),
which is defined as the northward volume transport
across that part of the vertical surface at the latitude f
where the temperature is less than T. (Note that the
temperature variable we use is the potential temperature, which is here simply denoted as T.) If the ocean is
in a statistically steady state, this is equal to the volume
transport through the isothermal surface T north of the
latitude f. If the temperature field is changing in time,
on the other hand, the isothermal surfaces move in space
and c(f, T ) is not equal the flow that penetrates the
isothermal surfaces. The same applies for the streamfunction c(f, S), which gives the northward volume
transport across that part of the vertical surface at the
latitude f where the salinity is less than S.
We now introduce the thermohaline streamfunction
c(S, T ), which describes the volume flow in T–S coordinates. Analogously to above, c(S, T ) is defined as
the volume transport through the isothermal surface T
where the salinity is less than S. Thus, given the potential
temperature, salinity, and velocity fields, we compute
the thermohaline streamfunction, averaged over the
time interval from t0 to t1, as

c(S, T) 5 2

1
t1 2 t0

ðt ð ð
1

t0

Ath (S,T )

V ! dA dt,

(1)

where Ath(S, T ) is the part of the isothermal surface (or
family of surfaces) T where the salinity is less than S, V is
the three-dimensional velocity, and dA is the surface
element on Ath(S, T ) pointing toward increasing temperature. Equivalently, the thermohaline streamfunction can be calculated from the volume transport that
penetrates the isohaline surfaces,

c(S, T) 5 2

1
t1 2 t0

ðt ð ð
1

t0

Asa (S,T )

V ! dA dt,

(2)

1448

JOURNAL OF PHYSICAL OCEANOGRAPHY

where Asa(S, T) is the part of the isohaline surface (or
family of surfaces) S where the potential temperature is
less than T and dA is the surface element on Asa(S, T)
pointing toward increasing salinity. The numerical discretization of the thermohaline streamfunction is presented in the appendix.
In the computations, Ath(S, T) and Asa(S, T) are
treated as ‘‘frozen’’ surfaces: that is, the fact that they
might be moving is not accounted for. That is why Eqs.
(1) and (2) are equivalent. However, this also means that
the flow described by c(S, T) does not necessarily correspond to water-mass transformation (i.e., changing T
and S in Lagrangian water parcels). For that to be true,
the ocean must be in a statistically steady state. In this
case, the time-mean volumetric T–S distribution is
constant. The global transformation of water masses due
to air–sea fluxes and oceanic mixing therefore gives rise
to a nondivergent flow in T–S coordinates. Hence, in
a statistically steady state, the water-mass transformation is described by the streamfunction c(S, T).
As defined here, c(S, T) represents volume transport
through the boundaries of the volume in the ocean
where the temperatures are less than T and the salinities
are less than S. The volume flow exiting the bounding
isothermal surface is 2c(S, T), and volume flow exiting
the bounding isohaline surface is c(S, T): that is, the net
flow through the boundaries is zero. In analogy with
a streamfunction in geometrical coordinates, a velocity
is defined on the S–T plane by (›c/›T, 2›c/›S). The
interpretation is as follows:
›c(S, T)
dT
›T

(3)

represents the volume transport in the S direction in the
potential temperature range from T to T 1 dT and
2

›c(S, T)
dS
›S

(4)

represents the volume transport in the T direction in the
salinity range from S to S 1 dS.
We note that Speer (1993) introduced a flow vector in
T–S coordinates that describes the transformations due to
air–sea fluxes. However, when the transformations due to
air–sea fluxes or oceanic mixing are considered separately, the resulting flow in T–S coordinates is generally
divergent, as illustrated by the observationally based
computations for the North Atlantic presented by Speer.
It can therefore not be represented by a streamfunction.
By using the fact that cprT(›c/›T)dT is the heat
transport in the S direction in the potential temperature
range from T to T 1 dT, one can calculate the heat
transport accomplished by a closed cell bounded by the
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FIG. 3. Schematic illustration of the heat transport in the S direction as an integral of the streamfunction between two salinities
lying on the same streamline.

contour c(S, T) 5 c0, where c0 is a constant. Integrating
by parts, we find that the heat transport in the S direction, illustrated by Fig. 3, is given by
H(S) 5 2cp r

ðT

max

(S)

Tmin (S)

[c(S, T) 2 c0 ] dT,

(5)

where Tmin(S) and Tmax(S) are the potential temperatures on the boundary of the cell, r 5 1035 kg m23 is the
average density of the seawater, and the specific heat for
seawater is cp ’ 4000 J (kg 8C) 21. By similar arguments,
we find that the salinity transport in the T direction accomplished by the same cell is given by
F(T) 5

ðS

max

(T )

Smin (T )

[c(S, T) 2 c0 ] dS,

(6)

where Smin(T) and Smax(T) are the salinities on the
boundary of the cell. The oceanic freshwater transport
in the in T direction is approximately given by 2F(T)/Sr,
where Sr 5 35 is a constant reference salinity. If the integration limits in Eqs. (5) and (6) span over the whole
oceanic potential temperature and salinity range, one
obtains the global transports.
The relations (5) and (6) show that a circulation cell
for which c . 0 transports heat toward decreasing salinity and salt toward increasing temperature: that is,
freshwater is transported toward decreasing temperature. The reverse holds if c , 0.
Note that the surface fluxes of freshwater generally
cause the net volume transport across the isotherms [i.e.,
c(S 5 ‘, T)] or the isohaline surfaces [i.e., c(S, T 5 ‘)]
to be nonzero. However, we ignore these generally small
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net transports and set c(S, T 5 ‘) 5 0 and c(S 5 ‘, T) 5 0,
allowing the global heat and salt transport to be calculated
from Eqs. (5) and (6). This is a reasonable approximation,
because the net surface freshwater flux in regions with
either positive or negative E 2 P is less than 1 Sv (1 Sv [
106 m3 s21) in the present study, which is in good agreement with other studies (e.g., Wijffels et al. 1992).
The thermohaline streamfunction has been averaged
between t0 5 1 January 2000 and t1 5 31 December 2006.
Note that it is only in a statistically steady state that c(S, T)
gives the transformation of water masses water. When
the T–S distribution changes in time, the volume transport described by c(S, T) may be associated partly with
the motion of the isothermal and isohaline surfaces in
space, rather than with water-mass transformation. This
feature also applies to the latitude–density streamfunction (Döös and Webb 1994) as well as to the global
density–depth overturning streamfunctions (Nycander
et al. 2007). Walin (1982) and Marsh et al. (2000) have
described how the velocity-based streamfunction and
the time tendency of the volumetric distribution function can be combined to give the cross-isothermal or
diapycnal transformation when the flow is unsteady.
In principle, their methods could be generalized to the
present a more complicated case where booth crossisothermal and isohaline flows are considered. However,
such an analysis is beyond the scope of the present paper
and we have thus not quantified the effect of model drift
on the computed c(S, T). We note that Zika et al. (2012),
using a model with coarser-resolution model that is
integrated to a steady state, obtained a qualitative similar thermohaline streamfunction. Thus, despite there
being some model drift in the present simulation, we
deem that it is small enough to allow the calculated
thermohaline streamfunction to be interpreted as essentially the result of statistically steady water-mass
transformations.

3. The thermohaline cells
The global thermohaline streamfunction, defined by
Eq. (1), is shown in Fig. 4a and with superimposed isopycnals in Fig. 4b. The present model-based calculation
yields a streamfunction comprised of two main cells: one
clockwise cell, which we interpret to reflect the interocean conveyor belt circulation, and one anticlockwise cell at high temperatures, which we interpret to
reflect flows and water-mass transformations primarily
in the upper near-equatorial Pacific. There is also a minor anticlockwise cell at cold temperatures, which we
interpret to be related to the Antarctic Bottom Water
(AABW). We use the term ‘‘cell’’ in the present study
because they appear as cells in T–S space. They will to
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some extent also exist as cells in the horizontal–vertical
space but far from everywhere.
It is noteworthy that the amplitude of the conveyor belt
cell is comparable to that of the meridional overturning in
the World Ocean (Fig. 2). Essentially, this indicates that
the flow directed chiefly poleward in the World Ocean,
associated with transformation toward lower temperature, occurs at higher salinities than the flow along which
the temperature increases. If the salinities of these two
flow branches were nearly equal, the amplitude of the
thermohaline streamfunction would be small compared
to the meridional overturning streamfunction.
It is also important to stress that the streamlines of any
streamfunction that is not based on a 2D stationary velocity field do not correspond to Lagrangian trajectories. A
consequence of this is that velocities flowing in opposite
directions will cancel each other when flowing on the same
level. The three cells of the thermohaline streamfunction
are no exception, and the cells will interfere with each
other. The warm part of the conveyor belt cell may thus
cancel a part of the tropical cell. A fair guess is that if one
could isolate these two cells—for example, by tracing them
with Lagrangian trajectories—the tropical cell would extend farther ‘‘down’’ into colder waters and the conveyor
belt farther ‘‘up’’ into warmer waters. This might also explain why the AABW cell is so weak. It may in reality be
both stronger and extend into warmer waters.
Although the thermohaline streamfunction is a novel
way to portray the ocean circulation, it uses the same
coordinates as the classical T–S diagram. Figure 5 shows
the global volumetric T–S distribution for the present
model. Because the model is initiated with climatological
hydrography and uses restoring boundary surface conditions, this is close to the observed T–S distribution (e.g.,
Worthington 1981). Traditionally, T–S diagrams have
been an important tool for analyzing how water masses
are distributed, transported, and mixed. However, the
classical T–S analyses provide essentially qualitative information. With the construction of a thermohaline
streamfunction, we can directly infer the rate of watermass conversion in T–S coordinates. In combination with
the thermohaline streamfunction (Fig. 4a), the volumetric
T–S distribution (Fig. 5) is potentially useful for examining how the global water-mass distribution is maintained.
The s0 and s4 surfaces are shown together with the
thermohaline streamfunction in Fig. 4b in order to estimate whether the streamlines are isopycnal or diapycnal.
The conveyor belt and AABW cells there are tilting in the
same direction as the isopycnals. Most of the conveyor belt
cell is however diapycnal, in contrast to the AABW cell.
Interior diffusive fluxes result from mixing water parcels with different T–S properties and therefore make the
T–S distribution more compact. Hence, all extreme T–S

1450

JOURNAL OF PHYSICAL OCEANOGRAPHY

VOLUME 42

FIG. 4. The thermohaline view of the global ocean as a function of temperature and salinity. (a) The thermohaline
streamfunction. The conveyor belt cell is the blue clockwise circulation corresponding to water-mass conversion from
warm water to more saline, then to cold, then to less saline, and back to warm water. The tropical red cell flows in
opposite direction. Units are in Sv with a volume transport of 4 Sv in each of the layers. (b) The thermohaline
streamfunction with isopycnals for s0 (solid) and s4 (dashed). (c) The stream layer between the 6- and 14-Sv
streamlines. The colors change as a clock with its center in the middle of the cell so that each color indicates particular
temperature and salinity intervals in the same way as in Fig. 1. (d) The turnover time for the different stream layers.

values must be created at the surface of the ocean, and the
surface fluxes may play a role for the water-mass transformation everywhere in the T–S plane. The relative importance of surface fluxes and interior diffusive fluxes
remains to be investigated.

a. The conveyor belt cell
The thermohaline streamfunction does not provide any
direct information about the geographical characteristics
of the cells. It is, however, possible to indirectly project the
thermohaline cells on geographical space by locating them
where there are water masses in particular temperature
and salinity intervals. For this reason, we have chosen the
layer between the 6- and 14-Sv streamlines in Fig. 4a and
graphed it in Fig. 4c, where the different colors indicate

specific temperature and salinity intervals. These waters
have hereafter been located in the longitude–latitude
space of Fig. 6, respecting the same color conventions
for the temperature and salinity intervals as in Fig. 4c and
in the Lagrangian trajectories of the conveyor belt (Fig. 1).
The colors follow the rainbow order of Goethe’s color
wheel with red (green) representing warm (cold) waters
and yellow (blue) representing saline (fresh) waters. The
colors change gradually so that, for example, orange refers
to both rather warm and rather saline waters. The colors
are ordered as a clock (with a new color nuance for each
half hour), making one 12-h revolution a complete conveyor belt cycle. It is now possible to geographically follow the cycle of the conveyor belt cell in Fig. 6, bearing in
mind the order of the colors of the stream layer in Fig. 4c.
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FIG. 5. The water volume distribution for the different oceans in blue and the thermohaline streamlines for the
global ocean superimposed in red for (a) the global ocean; (b) the Atlantic Ocean, which is defined as north of the
latitude of Cape Agulhas, with the Arctic Ocean included; (c) the Indo-Pacific, which is also defined as north of this
latitude; and (d) the Southern Ocean, which is defined as the ocean south of Cape Agulhas. Volume distribution units
in 1011 m3 (8C PSU)21. Streamline intervals are 8 Sv.

The geographical projection of the conveyor belt cell is
divided into a warm branch (Fig. 6a) and a cold branch
(Fig. 6b), separated by the 98C isotherm. The two branches
are shown separately because they are often active at the
same longitudes and latitudes but at different depths. The
warm part of the conveyor belt, shown in Fig. 6a, is represented on the color wheel by water flowing in the order
blue, purple, red, orange, and yellow from 9 to 3 o’clock.
This warm part of the conveyor belt can be traced from
the eastern midlatitude Pacific with blue waters, which
become red at lower latitudes and then orange when
passing through the tropical Indian up into the Atlantic,
where they start to cool and eventually become yellow.
The transition from the warm to the cold part of the
conveyor belt takes place in the North Atlantic according to our color wheel, and the cycle then continues
in Fig. 6b. The yellow water becomes green as the water

cools and continues southward. Dark green, which is
initially NADW, fills the major part of World Ocean.
The waters eventually surface at some point in the
Southern Ocean or North Pacific as less saline and less
cold blue waters. As additional material, we provide an
animation (available as supplemental material at the
Journals Online website: http://dx.doi.org/10.1175/JPOD-11-0163.s2) of the cycle as illustrated by Fig. 6, but with
one color for each film frame and hence directly comparable to the Lagrangian trajectory animation (available
as supplemental material at the Journals Online website:
http://dx.doi.org/10.1175/JPO-D-11-0163.s1).
The blue clockwise conveyor belt cell, which has
a maximum amplitude of about 32 Sv, can now be understood by following the water cycle illustrated in the
blue cell in the schematic Fig. 7 and the schematic geographical representation in Fig. 8.
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FIG. 6. The longitude–latitude projection of the clock phases of the conveyor belt cell between the streamlines 6 and 14 Sv defined by the colors in Fig. 4c. Arrows indicate the direction
of the conveyor belt by following the clock clockwise. (a) The warm branch of the conveyor belt
and (b) the cold branch. These figures are also shown as an animation in supplement 2.

(i) The warm water flowing from the Indo-Pacific into
the Atlantic is the top of the blue cell, where water
increases its salinity as it enters the more saline
Atlantic Ocean.
(ii) The water then cools as it approaches the North
Atlantic, which is the right-hand side of the blue cell.
(iii) Once in the North Atlantic, the water downwells
by convection into the deep ocean and travels
southward into the less saline Southern Ocean and
Indo-Pacific, which is the cold part of the conveyor
belt cell. In the schematic view in Fig. 8, this is
shown to happen in the deep ocean, which might be
a result of NADW mixing with AABW. However,
this freshening of the water might also occur near
the surface of the ocean near Antarctica, as a result
of sea ice melting and of the net precipitation–
evaporation in the Southern Ocean. The freshening

can be seen directly in the meridional overturning
streamfunction as a function of salinity in Fig. 2
from the anticlockwise cell in the Southern Ocean
with waters flowing from high to low salinities at
around 608S.
(iv) The water eventually warms up as it travels toward
the upper Indo-Pacific, which is the left side of the
cell, and closes the cell by returning to its initial
position.
This description of the conveyor belt cell is consistent
with the water volume distribution for the different
oceans shown in Fig. 5. In particular, Fig. 5b shows that the
warming segment of the cell (i.e., segment d in Fig. 7) lies
entirely outside of the Atlantic and therefore lies in the
Indo-Pacific. The cooling segment (segment b in Fig. 7),
on the other hand, may lie in either the Atlantic or the
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FIG. 7. Schematic illustration of the tropical and conveyor belt
cells, where the different segments in the cells are denoted by
numbers in the tropical cell and letters in the conveyor belt. The
numbers and letters are as in Fig. 8, which shows the geographical
location of the cells.

Indo-Pacific. We also see that the circulation in a central
part of the cell is entirely confined to the Indo-Pacific
and therefore does not correspond to the traditional
conveyor belt circulation.
The method of successively mapping the water masses
of a stream layer in order to follow the conveyor belt cycle
is far from perfect because the water masses of the different cells overlap. Furthermore, we have here only followed the layer between the 6- and 14-Sv streamlines and
have not taken account of the seasonal cycle. Still, it gives
a new illustrative way of following the conveyor belt.

b. The tropical cell
The tropical cell (i.e., the anticlockwise cell in Fig. 4a)
has an amplitude of about 25 Sv. Its strength is thus
comparable to the conveyor belt cell, but it is confined
to a smaller temperature interval. More than 50% of
the transport in the cell occurs at temperatures above
248C. This suggests that the tropical cell is primarily a
thermohaline coordinate manifestation of the shallow
wind-driven near-equatorial cells, which are commonly
referred to as the subtropical cells (see, e.g., McCreary
and Lu 1994; Pedlosky 1996; Gu and Philander 1997).
The tropical cell is projected on the longitude–latitude
space in Fig. 9 and as an animation (available as supplemental material at the Journals Online website:

1453

FIG. 8. Schematic illustration of the geographical paths of tropical and conveyor belt cells. The different segments can be traced
for the conveyor belt cell with (a) warm water flowing from the less
saline Indo-Pacific into the more saline Atlantic, (b) the saline
water of the North Atlantic cools and downwells into the deep
Atlantic, (c) the cold water from the North Atlantic mixes with less
saline water as it travels toward the Indo-Pacific, (d) the less saline
water heats up in the Indo-Pacific before it returns to the Atlantic.
The segments of the tropical cell are 1) poleward Ekman drift, 2)
subducted equatorward flow along isotherms and isohalines, 3)
upwelling in the eastern Pacific and then westward movement in
the equatorial current with increasing temperature and salinity,
and 4) westward propagation in the western Pacific in the equatorial current with freshening surface water.

http://dx.doi.org/10.1175/JPO-D-11-0163.s3) in the same
way as the conveyor belt was projected in the previous
subsection. Note, however, that the tropical cycle flows
in the opposite direction so that the clock should be
followed counterclockwise. In geometrical coordinates,
the strength of the subtropical cells is related to the
zonally integrated poleward Ekman transport in the
surface layer (e.g., McCreary and Lu 1994). Accordingly, the tropical cell in T–S coordinates is expected to
be dominated by the circulation in the Pacific, whose
zonal width is significantly greater than that of the
Atlantic. Indeed, Fig. 5 shows that the tropical cell is
centered around water masses encountered in the Indo–
Pacific basin.
Our geographical interpretation of the circulation
gives rise to the triangularly shaped tropical cell in Fig.
4a, which in turn consists of four geographical segments.
One of the geographical segments (number 2 in Fig. 7)
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FIG. 9. The longitude–latitude projection of the clock phases of the tropical cell between the
streamlines 6 and 14 Sv defined by the colors in Fig. 4c. Arrows indicate the direction by following the clock counterclockwise. (a) The upper branch of the tropical cell and (b) the lower
branch. These figures are also shown as an animation in supplement 3.

does not involve any water-mass transformations and
is hence a point in the triangle, whereas the three others
do and correspond therefore to the three sides of the
triangle. We begin at the top-left corner of the triangle,
the warmest and least saline part of the cell. This T–S
relation corresponds to the warm pool in the nearequatorial western Pacific. Tracing the 10 Sv-contour
from S ; 34.5 and T ; 298C, four segments can be distinguished (with numbers as in Figs. 7, 8):

flows equatorward joining the eastward-flowing equatorial undercurrent (e.g., Gu and Philander 1997).
Eventually, the water surfaces in the cold pool of the
eastern Pacific. To lowest order, the flow in this
thermocline segment is adiabatic and hence does
not yield any flow in T–S coordinates.1
3) Following the 10-Sv contour (from T ; 268C, S ; 35),
the continued flow toward increasing temperatures
and salinities in the tropical cell represents westward

1) From the warm pool, surface water flows essentially
poleward and becomes cooler and more saline: that
is, the density increases.
2) At the coldest temperatures along the streamlines in
the tropical cell (i.e., the bottom corner of the triangle),
the surface water is subducted into the thermocline
off the equator. From the subduction region, the water

1
The temperature and salinity range in the subsurface nearly
adiabatic segment is roughly that of the core of the undercurrent
(i.e., T ; 158–258C and S ; 34.5–35.5) (Wyrtki and Kilonsky 1984).
Although T and S should be roughly conserved when the water
moves equatorward, some subsurface water-mass transformation is
expected in the equatorial undercurrent, where the vertical mixing
is elevated (Gregg et al. 1985).
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movement of near-equatorial surface water originating from the cold pool. There is net evaporation and
strong heat flux into the ocean in the eastern equatorial Pacific (see, e.g., the ERA-40 atlas by Kållberg
et al. 2005), resulting in a transformation with little
density change.
4) The final segment, which in geometrical coordinates
starts near the dateline and close to the equator (the
top-right corner of the triangle in Fig. 7, at T ; 278C,
S ; 35.5), involves a transformation toward lower
salinities at nearly constant T: that is, the density decreases. This represents the freshening of the surface
waters in the westward flow in the warm pool, where
there is net precipitation and the surface heat flux is
weak.
Admittedly, this is a highly idealized schematic of the
upper-ocean circulation in the equatorial Pacific, which
in reality exhibits pronounced north–south asymmetries
(e.g., Wyrtki and Kilonsky 1984). Note that at colder
temperatures cancelation occurs between transformation in the tropical and conveyor belt cells. Thus, the
thermohaline tropical cell is not expected to capture
the whole range of T–S transformation that occurs in the
oceanic subtropical cells. Our interpretation is furthermore based on the assumption that the T–S transformations are dominated by air–sea fluxes, hence neglecting
the turbulent mixing and transformation in the equatorial undercurrent (Gregg et al. 1985). The transformation in the first, poleward-flowing segment is consistent
with the meridional profiles of the zonal-mean T and S in
the surface water in the tropics, where the temperature
tends to decrease and the salinity increase poleward.
However, it is the near-equatorial zonal variations of the
hydrography and surface fluxes that determine the
shape and orientation of the tropical cell. Specifically,
the strong oceanic heat gain and net evaporation in the
Pacific cold pool is instrumental for the third segment.
The fact that the T–S relation of the surface water along
the equator in the Pacific west of 2608E resembles the
streamlines of c(S, T) in the third and fourth segments
supports the notion that these segments reflect transformations of westward-flowing near-equatorial surface
waters.
As noted, Fig. 5b shows that the Atlantic water masses
lay almost entirely outside the main tropical cell. Hence,
this cell is mainly due to circulation the Indo-Pacific,
in agreement with the description above. Nevertheless,
it is interesting to compare with the observationally
based analysis of water-mass transformations in the
Atlantic by Speer (1993). His analysis indicates that the
air–sea fluxes tend to transform the North Atlantic
surface waters in the temperature range between 268 and
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308C toward increasing salinity. Thus, the fourth segment of the tropical cell in Fig. 7, which involves freshening at high temperatures, appears to be absent in the
Atlantic. The seemingly different transformation pattern in the tropical Atlantic that emerges in the analysis
of Speer (1993) may be due to the stronger crossequatorial transport of thermocline water associated
with the Atlantic meridional overturning circulation
(Kawase and Sarmiento 1985).
It can be noted that the transport of about 30 Sv in the
tropical cell is roughly comparable to estimated transports of the equatorial undercurrent in the central Pacific, which range from 25 to 50 Sv (see, e.g., Wyrtki and
Kilonsky 1984; McCreary and Lu 1994). As a comparison, the poleward surface Ekman transport in the entire
ocean is about 50 Sv at 108 latitude in each hemisphere
(e.g., Nilsson and Körnich 2008).

c. The Antarctic Bottom Water cell
There is also a third weak anticlockwise cell under the
conveyor belt cell, which most likely corresponds to the
mixing of the AABW. When formed, this water is fresh
and cold but becomes, when mixed with the North Atlantic Deep Water, warmer and more saline, which explains the tilting of the cell. It is somewhat surprising
that the AABW cell is so weak, because this is one of the
major water masses in the World Ocean. One explanation is that the cells overlap and partly cancel each other,
so that the AABW cell might in reality be stronger and
extend into warmer waters. Another explanation could
be that the model does not manage to simulate the
abyssal water-mass conversions correctly. It could also
be caused by the model drift, which should have the
strongest effect on the AABW. The AABW cell is,
however, present in all three the meridional streamfunctions shown in Fig. 2, though with latitude–depth
coordinates this cell lies entirely below 2000 m and is
disconnected from the surface.

4. The World Ocean turnover time
The World Ocean turnover time, defined as the time
it takes for waters to make an entire circuit in the conveyor belt, can be calculated in a number of ways. It
could, for example, be computed directly from the Lagrangian trajectories in Fig. 1, which were started in the
Atlantic at the latitude of Cape Agulhas, 358S, and were
followed both northward and southward from this latitude. We hereafter selected the trajectories that reached
at least 608N in the Atlantic and the equator in the
Pacific and returned back to 358S in the Atlantic. We
also required that the return to 358S should occur within
200 yr. If this condition is eliminated, we could construct
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some sort of turnover time of the conveyor belt cycle.
However, the choice of starting section and geographical extent is not obvious and would affect the result. The
time it takes to return to the section is very different for
different trajectories, and it is difficult to summarize this
by a turnover time.
A more objective and quantitative way of determining
the turnover time t is to calculate it from the thermohaline streamfunction (Fig. 4a) and the corresponding
volumetric T–S distribution (Fig. 5). This can be done
for each stream layer, so that if we choose, for example,
the layer between the 6- and 10-Sv streamlines (Fig. 4c),
we can calculate the turnover time by dividing the volume transport of the stream layer by the volume of the
water corresponding to the layer between the streamlines,
t5

DV
2:19 3 1017 m3
5 1736 years.
5
Dc
4 3 106 m3 s21

(7)

This is repeated for all stream layers, resulting in the
turnover times of Fig. 4d. We could also compute a
continuous distribution of the turnover time by using the
limiting expression t 5 ›V/›c. However, for illustrative
purposes, we chose to use a rather coarse resolution in c
in Fig. 4d.
The turnover time is also shown in Fig. 10 for the stream
layers of the conveyor belt as it is integrated progressively around the conveyor belt cycle (clock). This shows
clearly that the water remains for most of the time in the
deep cold ocean, as seen from the big jump at 5 o’clock.
As seen in Fig. 4d, the turnover time is small in the
center of the conveyor belt cell. This is primarily because these circuits largely avoid the deep water that
takes a long time to traverse, as seen in Fig. 10, but also
because for c , 220 Sv the circuits do not enter the
Atlantic (cf. Fig. 5b) and are therefore much shorter.
The layer closest to the center only requires 23 yr to
complete one turnover cycle but corresponds to very
little water-mass conversions. This short cycle is not a
part of any large-scale interocean circulation. The turnover time increases away from the center with a turnover time of 1000 yr or more for the three last layers and
maximum turnover time of 1951 yr for the 2–6-Sv stream
layer (black curve in Fig. 10).

5. The World Ocean heat and freshwater transports
The thermohaline streamfunction offers a novel perspective of the global heat and freshwater transports.
The advective heat transport H(S) across global salinity
surfaces as a function of salinity has been determined
using Eq. (5) and is shown in Fig. 11a. It is also possible
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FIG. 10. The turnover time as a function of the conveyor belt
clock, where 12 indicates an entire conveyor belt cycle. The different curves correspond to the different stream-layer intervals of
Fig. 4a. The total turnover time for one entire cycle corresponds to
the value at 12 o’clock, which is the same as shown in Fig. 4d for
each layer.

to obtain the heat transport of the cells individually by
integrating Eq. (5) over the positive and negative values
of the streamfunction separately. We should, however,
not forget that it is not possible to isolate the cells
completely since they overlap.
A positive heat transport implies that heat is transported across the isohalines toward increasing salinity
and vice versa for negative transport values. Thus, the
conveyor belt transports heat from low to high salinity (blue curve in Fig. 11a), whereas the tropical
cell transports heat from high to low salinities (red curve
in Fig. 11a). The conveyor belt cell has a maximum heat
transport of about 1 PW over a salinity range from 34
to 35 PSU. At 35 PSU, for instance, Fig. 4a shows that
the direction of the heat transport is a result of water
warmer than about 158C being transformed toward higher
salinity, whereas the colder water is transformed toward
decreasing salinity. An inspection of Fig. 5 reveals that
the water warmer than 158 with a salinity of about 35 is
primarily present in the Indo-Pacific, whereas the waters
colder than 158C are present in all basins. Obviously, the
heat transport across the isohaline surfaces is global
quantity with contributions from all basins. However, it
is interesting to compare its magnitude with the northward heat transport into the Atlantic near 308S, which is
estimated to about 0.5 PW (Trenberth and Caron 2001).
Note that the northward heat transport in the Atlantic is
greater farther north, with a maximum of about 1 PW.
The heat transport of the tropical cell is less than half
of that of the conveyor belt cell, despite the two cells
having similar volume transport amplitudes. This is because the conveyor belt cell transports water over larger
temperature intervals.
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direction of the freshwater transports follows from the
fact that the warming of the water (occurring mainly in
the Indo-Pacific; see segment d in Fig. 7) occurs at lower
salinities than the cooling of the water (occurring mainly
in the Atlantic; see segment b in Fig. 7).
The tropical cell transports both heat and freshwater
in the opposite directions to the conveyor belt in the
slightly more complicated cycle explained previously.
The freshwater transport by the weak AABW cell is
also visible in the red curve in Fig. 11b, with a freshwater transport of 0.1 Sv across the isotherm ; 18C. The
AABW cell is, however, most likely overlapping too
much with the conveyor belt cell for this sort of analysis of the freshwater and heat transports.

6. Discussion and general conclusions

FIG. 11. The heat and freshwater transports of the conveyor belt
and tropical cells. (a) The heat transport as a function of salinity.
Units are in PW (1015 W). (b) The freshwater transport as a function of temperature. Units are in 106 kg s21.

The freshwater transport as function of temperature,
shown in Fig. 11b, is obtained from Eq. (6). It is divided
between the cells in the same way as the heat transport.
The positive sign, of the blue curve in Fig. 11b, for the
conveyor belt indicates a freshwater transport from cold
to warm waters. Between 78 and 158C, the freshwater
transport is about 0.7 Sv. This number can be compared
with estimates of the poleward atmospheric freshwater,
which is also about 0.7 Sv around 408 latitude in each
hemisphere (Wijffels et al. 1992). Thus, the conveyor
belt freshwater transport near 108C is smaller but comparable to the net poleward atmospheric transport from
the edges of subtropics. This might correspond to the
fact that the conveyor belt imports freshwater into the
North Atlantic. This is a result of southward-flowing
NADW being replaced by less saline waters flowing in
the opposite direction, at higher temperatures, in the
warm branch of the conveyor belt. The volume transport
of the less saline northward transport is greater than that
of the southward NADW because it needs to compensate for the net evaporation in the North Atlantic. The

We believe that the thermohaline streamfunction
presented here opens up a new way of ‘‘observing’’
the model-simulated ocean circulation in temperature–
salinity space. Nycander et al. (2007) observed three
global ocean overturning cells in density–depth space.
Here, three similar cells have been identified in T–S
space. However, the AABW cell is much weaker and
also more uncertain because of model drift. The circulation is thus dominated by two cells, the conveyor belt
cell and the tropical cell.
The reason for this two-cell structure can be understood if we assume the flow in T–S space to be forced
mainly at the sea surface and if we assume the surface
temperature and the freshwater flux to be given by the
boundary conditions. The surface temperature is largest
at the equator and decreases toward the poles. The net
freshwater flux into the ocean, on the other hand, is
positive both near the equator and in the subpolar regions, whereas it is negative in the subtropics. Thus, both
the warmest and the coldest waters get fresher, whereas
the water at intermediate temperatures gets saltier. This
means that the flow in T–S space is leftward (decreasing
S) at the top and the bottom of the plot, whereas it is
rightward (increasing S) at the middle of the plot, which
generates the observed two-cell structure. The salinity
span of the cells should essentially be set by the strength
of circulation in physical coordinates: a faster ocean
circulation is expected to yield a smaller salinity span.
Interestingly, the salinity range of the tropical cell may
depend fairly weakly on the wind strength. The reason
is that in the tropics both the oceanic flow and the atmospheric freshwater transport are roughly proportional to the near-surface Ekman transports, which
are comparable in the ocean and the atmosphere but
have the opposite directions (Nilsson and Körnich
2008).
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The longitude–latitude reprojection of a chosen
stream layer of the thermohaline streamfunction confirms that the main clockwise thermohaline cell to a
large extent reflects a conveyor belt circulation, which
transports water between the Indo–Pacific and the
North Atlantic in connection with the North Atlantic
Deep Water formation. This does not mean, however,
that all the water contributing to this cell is as a part of
the interocean conveyor belt. The water-mass mixing
in T–S space decreases as one approaches the center of
the cells and a reprojection in geographical coordinates
would be less interesting for these water masses.
To summarize, the thermohaline streamfunction introduced in the present study has made it possible to

We thus believe that calculating of the thermohaline
streamfunction is a powerful tool not only for analyzing
the ocean circulation but also for comparing and ‘‘validating’’ different model integrations.

(i) identify and quantify the volume transport of the
thermohaline circulation cells;
(ii) reproject a thermohaline stream layer to longitude–
latitude space in order to clearly distinguish the
conveyor belt;
(iii) calculate the turnover time of the conveyor belt,
which ranges between two centuries and two
millennia depending on which stream layer is
considered; and
(iv) calculate the heat transport across the isohalines
and the freshwater transport across the isotherms
of the two dominant thermohaline cells.

APPENDIX

We have here presented results from an eddypermitting general circulation model with a rather short
spinup from climatological temperature and salinity
fields. The thermohaline streamfunction strictly speaking represents water-mass transformation only if the
model is in statistical equilibrium. A model drift will
always to some extent contaminate the calculations of
any sort of streamfunction. The reason for this choice is
that in longer integrations with spinups over several
centuries the water-mass distribution tends to be displaced from the realistic distribution in T–S space. It
would therefore be desirable, in the future, to perform
stable long spinups, which might be possible by using
eddy-permitting model configurations, which presently
demand too much computer resources.
Preliminary results from the calculation of the thermohaline streamfunction, for coupled climate integrations using the coarser-resolution non-eddy-permitting
version of NEMO, show how thermohaline circulation is
affected and changed during long centennial model integrations. By analyzing the combination of how the
water volume is distributed in the T–S space and the
thermohaline streamfunction, it is possible to judge to
what extent these changes are realistic and physical or
numerical because of the shortcomings of the model.
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Discretization of the Thermohaline Streamfunction
In Eq. (1), the thermohaline streamfunction is defined
from the cross-isotherm flux,
1
c(S, T) 5 2
t1 2 t0

ðt ð ð
1

t0

Ath (S,T )

V ! dA dt.

(A1)

We will here explain how we computed c(S, T) by numerical discretization of Eq. (A1), using finite differences on an Arakawa C grid, which is used in the NEMO.
(This grid is illustrated in Figs. A1a,b.) Essentially, we
used the fact that (›c/›S)TDS is the volume flux across an
isothermal surface between two curves of constant salinities S and S 1 DS.
Equivalently, the streamfunction may be computed
from the cross-isohaline flux, as in Eq. (2). This is done
similarly as described below, by switching temperature and salinity and changing the sign of the streamfunction.
We begin by defining discrete classes of salinity with
the index l and temperature with the index m, so that
Sl [ Smin 1 DS(l 2 1) and Tm 5 Tmin 1 DT(m 2 1), as
shown in Fig. A1c. The constants Smin and Tmin are here
smaller than any values of S and T occurring anywhere
in the water volume. The streamfunction is discretized
as cl,m 5 c(Sl, Tm). The volume flux across the isotherm
Tm between the salinities Sl and Sl11 is then Fl,m [ cl11,m 2
cl,m.
Now consider the two grid boxes in Figs. A1a,b with
the temperatures Ti,j,k and Ti11,j,k and the salinities Si,j,k
and Si11,j,k. The zonal transport between these boxes is
Ui,j,k, which is computed numerically from the zonal
velocity multiplied by the area of the surface between
the boxes (Ui,j,k 5 ui,j,kDyDz) and is illustrated by the
blue arrows in Fig. A1. In this particular case, there are
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FIG. A1. The model grid box i, j, k with its six adjacent T boxes (a) seen from above and (b) looking northward. The
temperature and salinity are located at the center of the box (Ti,j,k). The zonal (U ), meridional (V ), and vertical (W )
volume fluxes are located on the middle of the six walls of the i, j, k box. (c) The temperature and salinity discretization that the cross-isothermal and cross-isohaline fluxes are projected on. The blue arrows symbolize the crossisothermal flux between two grid boxes and shows how the flux Ui,j,k crosses the three isotherms Tm21, Tm, and Tm11
on its way from Ti,j,k to Ti11,j,k.

three temperature classes between the temperatures
Ti,j,k and Ti11,j,k, and the flux Ui,j,k is therefore added
to Fl,m21, Fl,m, and F l,m11 . The salinity class l is determined from the salinity of the upstream grid cell, Si,j,k
in Fig. A1. This calculation is repeated for all pairs of
adjacent grid cells, successively adding the corresponding cross-isothermal volume fluxes between the cells to
the appropriate fluxes Fl,m.
The final values of the fluxes Fl,m correspond to
(›c/›S)TDS, from which the streamfunction c can be
obtained by integration along S, setting c(Smin, T) 5 0.
Numerically, the streamfunction is hence given by
cl,m 5

1 N
!
N n51

l

! Fll,m,n .

(A2)

ll5l

We here included an additional index n denoting time,
and N is the total number of GCM datasets to be averaged over.
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Nycander, J., G. Broström, J. Nilsson, and K. Döös, 2007: Thermodynamic analysis of the ocean circulation. J. Phys. Oceanogr., 37, 2038–2052.
Pedlosky, J., 1996: Ocean Circulation Theory. Springer Verlag, 453
pp.
Rahmstorf, S., 1996: On the freshwater forcing and transport of
the Atlantic thermohaline circulation. Climate Dyn., 12, 799–
811, doi:10.1007/s003820050144.
Rintoul, S. R., 1991: South Atlantic interbasin exchange. J. Geophys. Res., 96, 2675–2692.
Speer, K. G., 1993: Conversion among North Atlantic surface
water types. Tellus, 45A, 72–79.
Speich, S., B. Blanke, P. de Vries, K. Döös, S. Drijfhout,
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a b s t r a c t
The Southern Ocean circulation consists of a complicated mixture of processes and phenomena that arise
at different time and spatial scales which need to be parametrized in the state-of-the-art climate models.
The temporal and spatial scales that give rise to the present-day residual mean circulation are here investigated by calculating the Meridional Overturning Circulation (MOC) in density coordinates from an
eddy-permitting global model. The region sensitive to the temporal decomposition is located between
38!S and 63!S, associated with the eddy-induced transport. The ‘‘Bolus’’ component of the residual circulation corresponds to the eddy-induced transport. It is dominated by timescales between 1 month and
1 year. The temporal behavior of the transient eddies is examined in splitting the ‘‘Bolus’’ component into
a ‘‘Seasonal’’, an ‘‘Eddy’’ and an ‘‘Inter-monthly’’ component, respectively representing the correlation
between density and velocity fluctuations due to the average seasonal cycle, due to mesoscale eddies
and due to large-scale motion on timescales longer than one month that is not due to the seasonal cycle.
The ‘‘Seasonal’’ bolus cell is important at all latitudes near the surface. The ‘‘Eddy’’ bolus cell is dominant
in the thermocline between 50!S and 35!S and over the whole ocean depth at the latitude of the Drake
Passage. The ‘‘Inter-monthly’’ bolus cell is important in all density classes and is maximal in the Brazil–
Malvinas Confluence and the Agulhas Return Current. The spatial decomposition indicates that a large
part of the Eulerian mean circulation is recovered for spatial scales larger than 11.25!, implying that
small-scale meanders in the Antarctic Circumpolar Current (ACC), near the Subantarctic and Polar Fronts,
and near the Subtropical Front are important in the compensation of the Eulerian mean flow.
" 2013 Elsevier Ltd. All rights reserved.

1. Introduction
The meridional overturning stream function gives an integrated
view of the circulation in the meridional-vertical plane. It captures
a large part of the thermohaline and wind-driven overturning circulations and for this reason it has been used an innumerable
amount of times to characterize these circulations. However, it
should be stressed that there are many areas where the threedimensional structure of the circulation is essential, in particular
in the Southern Ocean (Sloyan and Rintoul, 2001; Drijfhout et al.,
2003). The overturning stream function is defined as a vertical
indefinite integration of the meridional velocity, followed by a zonal integration over an entire basin or, as in the atmosphere, all
around the world. It was introduced in the 1960s as a way to analyze numerical simulations of the atmospheric circulation (Smagorinsky, 1963; Wallace and Holton, 1968), making it possible to
⇑ Corresponding author. Address: Arrhenius Laboratory, Svante Arrhenius väg
16C, 106 91 Stockholm, Sweden. Tel.: +46 739452555.
E-mail address: maxime@misu.su.se (M. Ballarotta).
1463-5003/$ - see front matter " 2013 Elsevier Ltd. All rights reserved.
http://dx.doi.org/10.1016/j.ocemod.2013.01.005

study the meridional-vertical circulation like the Hadley, Ferrel
and Polar cells.
With the first coupled ocean–atmosphere models (Wetherald
and Manabe, 1972) similar meridional-vertical cells were discovered in the oceans. One of these cells was the Deacon Cell in the
Southern Ocean. It was first mentioned by Bryan (1991) and England (1992) and named by Bryan (personal communication) after
the studies made by George Deacon in the Southern Ocean during
the 1930s (Deacon, 1937). Associated with the Deacon Cell, about
20 Sverdrups (1Sv ¼ 106 m3 s"1 ) appears to downwell near 40!S
down to a depth of several thousand meters. This water upwells
further south towards Antarctica (Fig. 1). It was argued that most
of this cell was due to a geometrical effect of the east–west slope
of the isopycnals (Döös and Webb, 1994; Döös, 1994), that is associated with standing eddies (i.e, the meridional excursions from the
zonal mean overturning circulation) and more importantly, basinscale gyres, and that no cross-isopycnal flow was associated with
it. It is however accepted that this Cell do not represent the ‘‘real’’
Southern Ocean overturning circulation, which must be evaluated
in density space.
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Fig. 1. Meridional overturning stream function as a function of latitude and depth.
Color interval is 2 Sv. Black solid lines have a 4 Sv interval. Positive stream lines
correspond to clockwise circulation and negative stream lines to anti-clockwise
circulation. Dashed line are the zonally averaged isopycnal r2 between 35.5 kg m!3
and 37 kg m!3 (contour intervals 0.1 kg m!3).

A much better description of the Southern Ocean overturning
circulation in geometrical coordinates arises when the residual circulation is considered, i.e., the transport by transient eddies is also
accounted for (Marshall and Radko, 2003). To account for a complete description of the net along and cross-isopycnal flow, the circulation must be evaluated in density space as well. When the
zonal integration is performed along isopycnals, only a few Sv
are left that locally recirculate in the meridional-isopycnal frame.
This ’’residual’’ cell is either due to model drift, or to a real diabatic
water mass transformation. Drijfhout (2005) pointed out that the
cancelation obtained by Döös and Webb (1994) was due to both
transient eddies (i.e, the deviation of the overturning circulation
from the mean Eulerian circulation) and the choice of an isopycnal
framework; Döös and Webb (1994) used 73 five-day snapshots for
the isopycnal calculation, thereby sampling the mesoscale eddy
field. In the OCCAM model later analyzed by Drijfhout (2005) the
role of transient eddies in the cancelation was about 30%, while
the geometrical effect (tilting gyres and standing eddies) accounted for 70%. This partition was made possible by comparing
an isopycnal calculation of the time-mean flow with a sum of a
long series of five-day averages. A similar decomposition was also
performed in Lee and Coward (2003).
The role of transient versus standing eddies and even largerscale geometric effects becomes particularly intriguing when one
considers the Southern Ocean. This ocean partly consists of an
open channel with the Antarctic Circumpolar Current (ACC) flowing around the globe, and of subtropical gyres, which are blocked
by continents. For the ACC, an along and cross-stream coordinate
system can be defined, and for the along-stream averaged flow
all cross-stream transport must be due to transient eddies (Marshall and Radko, 2003; Olbers and Visbeck, 2005). A description
of the Southern Ocean overturning circulation using this decomposition has recently been applied (Treguier et al., 2007; Viebahn and
Eden, 2012). It was shown that using along-streamline integration
removes the standing-eddy part of the circulation and therefore allows for a better physical representation of the Southern Ocean
overturning. However, the integration path is model-dependent
and might be different between the eddy-permitting and the
coarse resolution models (due to the smoothness of the contour
of integration). Also, the method breaks down when the ACC is
not strictly equivalent barotropic.
In the state-of-the-art climate models, the oceanic component
usually includes a coarse resolution grid of discretization.
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Consequently, the effect of the sub-grid scale processes (effect of
the eddies) needs to be parametrized. The Gent and McWilliams
(1990) parameterization (hereafter, denoted GM) is often applied
in depth-coordinate models for representing the contribution of
unresolved motions to the large-scale flow (eddy-induced transport). The residual mean flow in that case is described as the
sum of the zonally-averaged Eulerian mean flow plus an eddy-induced component (GM transport). Sometimes, the GM-coefficient
is chosen to cancel the Deacon Cell associated with the zonally
averaged Eulerian-mean flow in depth coordinates (Olbers and Visbeck, 2005). If the residual circulation partly arises through standing eddies, the chosen GM-coefficient is then too large. If on the
other hand, the Deacon Cell is a purely geometrical effect, as suggested by Döös and Webb (1994), transient eddies do not play a
role at all, and even without GM the Eulerian mean flow should
equal the residual mean flow in density space. The GM coefficient
should then be small. Averaging the Eulerian mean flow along
streamlines should already give the residual mean flow. Additionally, if the standing-eddy component is dominated by small-scale
topographic effects and small-scale standing eddies in the ACC,
the interpretation of GM becomes different because it should also
include the effect of these small-scale standing eddies. It is thus
important to know the dominant time and spatial scale of the
Southern Ocean overturning circulation.
Here, we investigate the temporal and spatial scales that give
rise to the present-day residual mean circulation, by calculating
the Meridional Overturning Circulation (MOC) in density coordinates from an eddy-permitting global model. The calculation consists of time-averages over increasing periods, effectively
decreasing the time resolution of the model output, and spatialaverages over increasing zonal lengths, effectively decreasing the
spatial resolution of the model output. The time-scale decomposition has an extra dimension because the seasonal cycle of the
large-scale flow may have a rectifying effect on the circulation,
which we call the ‘‘Seasonal’’ bolus transport. This diagnostic is also
is relevant for (1) understanding the details of the overturning circulation in the Southern Ocean, e.g. the eddy-induced heat transport, and (2) evaluating the variability of the different
components of the overturning cells. The length-scale decomposition is performed along constant latitude to elucidate the role of
standing eddies with varying length scales in counteracting the
Eulerian mean flow. For this reason we have refrained from choosing the along and cross-streamline coordinate system, as this
would have obscured the impact of the standing eddy component
on the overturning circulation. The present paper is structured as
follows. A short description of the model and data used in this
study is introduced in Section 2. Section 3 deals with the definition
and mathematical formulation of the meridional overturning
stream function in the depth-level and density coordinates, their
decomposition and the characterization of the eddy-induced transport (‘‘Bolus’’) component. The results are presented and discussed
in Section 4.

2. Models & data descriptions
Inthepresentstudy,weanalyzeoutputfromtheOceanGeneralCirculation Model (OGCM) NEMO (Madec, 2006) in the ORCA025 configuration,whichcorrespondstoanhorizontalspatialresolutionofabout
0.25!. The vertical dimension is discretized into 64 depth-levels
increasing from 6 m near the surface to 200 m in the deepest cells. At
the sea surface, the ocean model is coupled to the sea ice model LIM
(Fichefet and Maqueda, 1997). The parameterization of the sub-grid
scaleturbulencephysics(GM,GentandMcWilliams,1990)isnotused.
The ORCA025-N112 run that we analyze is a 44 year run forced by
atmospheric reanalysis fields (Brodeau et al., 2010). The model inte-
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gration is available as 5-day means from the last 12 years of the
ORCA025-N112 integration.
McDougall (1987) argued that a fluid parcel tends to follow local neutral density surfaces and Hirst et al. (1996) discussed the
MOC stream function in depth-levels as well as potential and neutral density coordinates. As in Lee and Coward (2003) they concluded that the MOC calculated on potential density classes for
r2 or deeper reference levels is able to capture similar patterns
and transports as a MOC calculated on neutral density classes.
Therefore, in the present study, the potential density referenced
to the intermediate depth of 2000 m is used as ‘‘vertical coordinate’’. However, using a r2 projection requires that the model is
in steady state, in other words, that the isopycnals should not drift.
The model drift is discussed and analyzed in Appendix A. For the
analysis of isopycnal transports, density needs to be interpolated
to velocity grid points and to remove static instabilities, we applied
pairwise averaging of grid boxes.

3.1. Total, mean and bolus
If the depth is chosen as a vertical coordinate the meridional
overturning stream function is defined as:

Z

Z
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t0

xE

xW

Z

gðx;y;tÞ

zðx;y;tÞ

0

v ðx; y; z0 ; tÞdz dx dt
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where v ðx; y; z ; tÞ is the meridional velocity; x; y; z ; t the zonal,
meridional, vertical and time coordinates; xE and xW are the longitudes of the eastern and western coasts, and t 0 and t 1 are the initial
and final times.
The overturning stream function can also be derived as a function of density (Döös and Webb, 1994). When calculating the timeaveraged overturning stream function with density as a vertical
coordinate it is important to take into account that the depths of
the isopycnals vary in time. Therefore, the velocity field has to be
integrated vertically first, then zonally and thereafter over time.
This ‘‘Total’’ overturning stream function is defined as:
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where zðx; y; r; t Þ is the depth of the isopycnal with r-density.
If the time average is instead first performed on the meridional
velocity and then integrated zonally along the time averaged isopycnals, a ‘‘Mean’’ stream function on mean density levels can be
formulated as:
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is the time-mean meridional velocity:
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This method is equivalent to decreasing the temporal resolution of
the output data.
We define the averaged ‘‘Seasonal’’ stream function WS as:
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v S is the seasonal meridional velocity:
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and the seasonal depth of the isopycnal is:
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with Nt the number of years, Dt S the total number of snapshots during 1 year. v S and zS are averages over the same time span in each
year of the model run. For example, if the data come in monthly
means, v S and zS are averages over all Januaries, all Februaries etc.
In addition, we decompose the ‘‘Bolus’’ component as the sum of
three terms: the ‘‘Eddy’’ bolus WEB , the ‘‘Inter-monthly’’ bolus WIB
and the ‘‘Seasonal’’ bolus WSB component. The ‘‘Eddy’’ bolus is the
correlation between density and velocity fluctuations due to mesoscale eddies (Eq. (7)). The ‘‘Inter-monthly’’ bolus is the correlation
between velocity and density fluctuations by large-scale motion
on timescales longer than one month that is not due to the seasonal cycle (Eq. (8)). The ‘‘Seasonal’’ bolus is the correlation between density and velocity fluctuations due to the average
seasonal cycle (Eq. (9)).

ð7Þ
ð8Þ
ð9Þ

3.3. Spatial decompositions of the stream function

This ‘‘Mean’’ stream function WM will include the standing eddies
but will miss the contribution of the correlation between the time
fluctuating meridional velocity and isopycnals since the zonal integration is not strictly along the isopycnals for WM for every time
sample. This missing term is hence

WB # WT $ WM

By varying Dt ¼ t1 $ t0 in v M and zM and averaging over several
such periods, it is possible to estimate at what period the bolus effect is most important. To this end WM is calculated for a chosen
sub-time period Dt and then averaged over the total period (Lt ).
The ‘‘Bolus’’ component is in this way included for a particular time
period Dt where N t Dt ¼ Lt so that

WEB ðy; rÞ ¼ WT ðy; rÞ $ WDT ðy; r; Dt ¼ 1 monthÞ
WIB ðy; rÞ ¼ WDT ðy; r; Dt ¼ 1 monthÞ $ WS ðy; rÞ
WSB ðy; rÞ ¼ WS ðy; rÞ $ WM ðy; rÞ

and the time-mean depth of the isopycnal is:

zM ðx; y; rÞ #

3.2. Temporal decompositions of the stream function

v MDt ðx; y; z; tÞ #

3. Meridional overturning stream functions

1
WZ ðy; zÞ #
t1 $ t0

and can be referred to as the ‘‘Bolus’’ stream function or eddy-induced stream function. This component of the overturning is made
of the transient eddies.

ð4Þ

Considering a zonal length ½Lx ) for the entire globe, a decomposition can be adapted to the spatial dimensions too. By varying the
zonal integration Dx ¼ xiþ1 $ xi in WT (Eq. (2)), it is possible to estimate at which length scale the bolus effect is most important. A
stream function on zonal-mean density levels is therefore calculated for a chosen sub-spatial scale Dx, and then an average is
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Fig. 2. Temporal decomposition (a) 5 days, (b) 30 days, (c) 180 days, (d) 1 year of the meridional overturning stream function in the Southern Ocean as a function of latitude
and potential density r2 . The color shading has intervals of 2 Sv and the solid contours have an interval of 4 Sv. Here and in following Figures, the thick solid line corresponds
to the averaged maximum potential density at the sea surface for each latitude.

calculated over the total domain. A spatial bolus component is in
this way included for a particular sub-spatial scale Dx where
N x Dx ¼ Lx so that
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where v is the velocity averaged on the sub-space Dx and
is the
isopycnal depth averaged on the sub space.
This is equivalent to decreasing the zonal resolution. It is important to take into account the variation of the bathymetry in each
sub space when doing the spatial decomposition, and a cell volume
weight has to be applied in each grid cell. In each decomposition,
the zonal averaging starts from the longitude 70!W (Drake
Passage).
Dx
M

Dx
zM

4. Results & discussion
In this part, the total overturning in the latitudinal-depth space
and in the latitudinal-density space are first discussed to highlight
the difference in the Southern Ocean circulation between the two

frameworks. The temporal decomposition of the overturning and
the bolus component in density coordinates are then analyzed to
identify the temporal compensation of the Eulerian mean overturning. Finally, the spatial decomposition of the Southern Ocean
overturning is proposed to determine its dominant length scale.
4.1. Total overturning
The Deacon Cell is, in the present study, quantitatively defined
as the sum of all the stream lines that recirculate in the Southern
Ocean with a northward transport near the surface and a southward return flow in the deep ocean (Fig. 1). This results in a maximum amplitude of the Deacon Cell of 28.8 Sv near 52!S. The
dashed lines in Fig. 1 represent the zonally averaged isopycnals between 35.4 and 37.1 kg m%3. It is clearly seen that this fictitious circulation occurs where the zonally averaged meridional tilting of
the isopycnal is largest, that is, where the largest impact of eddies
is expected. Also, the vertical streamlines associated with the
upwelling and downwelling branches of the Deacon Cell occur in
an area of the global ocean which is highly stratified (between
40!S and 60!S).
To account for the effect of transient and standing eddies we
calculate the ‘‘Total’’ overturning stream function WT (Eq. (2)),
with Dt ¼ t1 % t0 ¼ 12, being an average over 12 years
(Fig. 2(a)). In this calculation, volume fluxes were projected on
100 equally spaced potential density layers extending from 28
to 38 kg m%3. The thick solid line represents for each latitude
the average maximum potential density at the ocean surface,
i.e., an average over the deepest density classes that have been
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Fig. 3. Temporal decomposition of the ‘‘Bolus’’ component of the meridional overturning stream function in the Southern Ocean as a function of latitude and potential density
r2 , (a) 5 days, (b) 30 days, (c) 180 days, (d) 1 year. Color interval is 4 Sv. Filled contour interval 2 Sv.

in contact with the atmosphere at any point of the integration.
The maximum of the Southern Ocean overturning cell is reduced
from 28.8 Sv to 10.5 Sv. So, the combined effect of transient and
standing eddies compensate the Eulerian mean overturning with
18.3 Sv. The maximum overturning cell is embedded in a clockwise cell that is bounded by the isopycnals 35.5 kg m!3 and
37 kg m!3 and is characterized by water flowing southward to
60!S, upwelling from 37 kg m!3 to lighter density classes and
then moving northward. This cell represents the transformation
of inflowing North Atlantic Deep Water (NADW) into Antarctic
Intermediate Water (AAIW). In addition, three anti-clockwise cells
recirculate surface water above the maximum surface density.
The first one is a portion of the wind-driven Subtropical cell between 30!S–40!S and 31 kg m!3–35.5 kg m!3, with a maximum
meridional flux of 18 Sv. A second surface cell lies above the
residual circulation, between 50!S and 60!S, having a maximum
intensity of 10 Sv. This circulation at the surface in the ACC region
is known to be associated with the contribution of time-mean
and transient eddies in latitudinal averaging (Hallberg and Gnanadesikan, 2006) or streamlines averaging (Treguier et al.,
2007). The third surface cell is a sub-polar cell between 60!S
and 77!S including the contribution of the sub-polar gyres in
the Weddell and Ross Seas. A fourth anti-clockwise cell, associated with Antarctic Bottom Water (AABW), is located between
the bottom and the clockwise NADW/Circumpolar Deep Water
(CDW) cell. Similar to Spence et al. (2009) we find that the
upwelling branch of the NADW cell is situated farther north in
WT compared to WZ . The southern boundary of the upwelling
branch moves from 68!S to about 58!S. This shift is related to
the large-scale tilt of the isopycnals that is not captured by WZ .

4.2. Temporal decomposition
Fig. 2(b)–(d) show the temporal decomposition of the meridional overturning circulation WDT respectively for Dt = 30 days,
180 days and 1 year (Eq. (5)). The stream function in Fig. 2(d) is
similar to the ‘‘Mean’’ stream function WM (Eq. (3), where WM =
WDT (Dt = 12 years)). From WT to WM the maximum meridional
transport in the NADW cell increases from 10.5 Sv to 15.2 Sv. In
Fig. 2(d) the NADW cell is about 13.2 Sv. This indicates that the
compensation of the Eulerian mean overturning through the transition in vertical coordinate from z to r2 is not a purely geometric
effect due to standing eddies and tilting gyres; it only becomes
complete when transient eddies are accounted for. The region most
sensitive to the temporal decomposition is located between the
southern and the northern branch of the Deacon Cell (38!S–
63!S). The deep AABW cell and subpolar surface cell are disconnected in the model. This is due to the model drift (cf. Fig. A.8),
indicating that AABW formation is weakening. Also, it might be
that downwelling of AABW and upwelling of NADW partly overlap
in the zonal average between 52!S and 58!S. Interestingly, the disconnection between the two cells becomes more pronounced
when the averaging time scale increases, indicating that transient
eddies are important in AABW formation. Because of the large drift
in the AABW cell we refrain from discussing this aspect of the
Southern Ocean overturning in more detail. South of 63!S and
north of 38!S, the meridional transport is almost unchanged.
Around 50!S, the effect of standing eddies is larger and the maximum of the NADW cell is almost reduced with a factor of two
(compared with WZ ), but this is still not enough to completely compensate an apparent wind-driven recirculation of a few Sv in the
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Fig. 4. Comparison between (a) Eddy Bolus, (b) Inter-monthly bolus and (c) Seasonal
bolus components of the meridional overturning stream function in the Southern
Ocean as a function of latitude and potential density r2 in the eddy-permitting
integration. Color interval is 2 Sv. Solid contour interval is 4 Sv.

Southern Ocean mid-latitudes. The surface cell in the ACC region
does not disappear for averaging over longer time scales. This confirms that the ACC surface cell is weakly associated with transient
eddies (Treguier et al., 2007).
Fig. 3 represents the temporal decomposition of WB , the ‘‘Bolus’’
component (Eq. (4)) of the meridional overturning circulation in
the Southern Ocean for 5, 30, 180 days and 1 year. The ‘‘Bolus’’
stream function in Fig. 3(a) is dominated by a large anti-clockwise
cell spreading from 40!S to 64!S, which flows against the NADW/
CDW cell. In addition, three clockwise circulations appear: one is
situated between 40!S and 30!S and between the 35.5 and
37.0 kg m!3 density classes, probably related to the fact that some
isopycnals have a slight upward slope northwards in this region
(cf. Fig. 1). The other two are surface cells, one is centered around
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50!S and the other lies in the sub-polar region. Two intense (4–
6 Sv) anti-clockwise ‘‘Bolus’’ circulations are present in the Southern Ocean. The first one lies between 35!S and 52!S (above the
maximum surface density at the sea surface) and is directly in contact with the atmosphere. The second bolus cell is a much deeper
circulation, near the density class of 37 kg m!3. It lies between
55!S and 60!S, covering the latitudes of Drake Passage. The ‘‘Bolus’’
component (Fig. 3(a)) is comparable to the remapped bolus stream
function in Fig. 6(b) in Lee et al. (2007). In diagnosing the meridional transport in an eddy-resolving OGCM, Lee et al. (2007) highlighted two intense eddy transport regions associated with the
Subantarctic/ Polar Front and the Subtropical Front. The same
two cells appear in Fig. 3(a). The temporal decomposition shows
that the ‘‘Bolus’’ component almost vanishes when the temporal
averaging is done for a period of 1 year (Fig. 3(d)) or greater. Most
of the deeper part seems to be dominated by timescales of a few
months, while the surface part of the bolus stream function is substantially changed on intra-monthly timescales (cf. Fig. 3(b) and
(c)).
Fig. 4 compares the ‘‘Eddy’’ bolus, ‘‘Inter-monthly’’ and the ‘‘Seasonal’’ bolus components (Eqs. (7)–(9)) of the meridional overturning circulations in the Southern Ocean. The ’’Eddy’’ bolus
component is shown in Fig. 4(a). This bolus component indicates
three anti-clockwise circulations: the first one is located at the surface near 41!S, a second cell is present at 50!S in the deep ocean
and the third counter-clockwise circulation is located near 59!S
and recirculates surface and deep waters. This cell is responsible
for about 2–3 Sv of the compensation of the Eulerian mean circulation, while it tends to enhance the downwelling branch of the Eulerian mean circulation by 2 Sv between 37!S and 48!S. The ‘‘Intermonthly’’ bolus cell stretches between 38!S and 63!S from the
upper parts of the Southern Ocean to the deepest parts
(Fig. 4(b)). This cell counteracts the Eulerian mean circulation by
transporting deep water from the high to the lower latitudes with
a 2–3 Sv intensity, then moving poleward the surface water. Note
that the ‘‘Inter-monthly’’ bolus cell is weak between 55!S and
63!S where the ‘‘Eddy’’ bolus cell is dominant. The maximum
("4 Sv)‘‘Inter-monthly’’ bolus cell is found between 40!S and
45!S, i.e. the latitude of the Agulhas leakage. The ‘‘Seasonal’’ bolus
effect is mainly active above the maximum surface density line
and deeper between 50!S and 60!S (Fig. 4(c)). At the sea surface,
the seasonal bolus cell is dominated by clockwise circulations.
These circulations counter with a 2 Sv intensity the ACC surface
meandering and the sub-polar gyres in the Weddell and Ross Seas
shown in Fig. 2(a). An anti-clockwise ‘‘Seasonal’’ bolus cell lies
above the maximum surface density line between 30!S and 60!S
and transports on a larger spatial scale the surface waters. Ignoring
the deep cells, the ‘‘Seasonal’’ bolus stream functions are almost
recovered in the 180-days averaging period (Fig. 3(c)). This seasonal decomposition also reveals that the positive bolus surface
cells mainly take part in the ‘‘Seasonal’’ bolus component.
4.3. Spatial decomposition
The spatial decomposition of the meridional overturning circulation WDX is represented in Fig. 5(a)–(f), respectively for
Dx ¼ 1:25$ ; 3:75$ ; 11:25$ ; 22:5$ ; 90$ and 360! (Eq. (10)). It is shown
that the Southern Ocean cells have different spatial scales and that
the dominant compensations occur between the southern and
northern branch of the Deacon Cell. The three surface anti-clockwise circulations in the complete residual stream function WT have
distinct spatial scales. The sub-polar cell has a spatial scale of about
90!, typical for the Weddell and Ross gyres. Additionally, the connection between the sub-polar gyre at the surface and the deep cell
in the AABW density classes is lost already for the 3.75! averaging,
suggesting that the AABW formation happens as a small-scale
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Fig. 5. Spatial decomposition (a) 1.25!, (b) 3.75!, (c) 11.25!, (d) 22.5!, (e) 90! and (f) 360! of the meridional overturning stream function in the Southern Ocean as a function of
latitude and potential density r2 . The color shading has intervals of 2 Sv and the solid contours have an interval of 4 Sv.

process. The subtropical cell has a scale of about 20! and the surface cell near Drake Passage is dominated by spatial scales of 3!
or less. Apparently this surface cell is driven by small-scale standing eddies but it is insensitive to the averaging time period (Fig. 2).
The Eulerian mean cell is represented in the 360! averaging
(Fig. 5(f)). For a spatial averaging of 3.75!, the circulations between
40!S and 60!S consist of cross-isopycnal transport with a meridional scale of about 3!. These structures likely correspond to smallscale standing meanders in the ACC. The differences between
Fig. 5(b) and 2(a) reveal that small-scale meanders are important
in the ACC, near the Subantarctic and Polar Fronts, and near the
Subtropical Front. For a zonal averaging between 11.25! and
22.5! (Figs. 5(c) and (d)), most of the northern branch of the Eulerian mean cell is recovered. However, an additional near-surface
cell is located in the southern branch of the Eulerian mean cell

(centered near 58!S). This cell, which lies within the latitudes of
the Drake Passage, appears for the spatial decompositions between
22.5! and 180! and might be associated with the northward deflection in the Atlantic sector of the ACC and with the global-scale
meridional tilt of the core of the ACC between the Atlantic and Pacific Oceans.
Finally, to elucidate the zonal inhomogeneity of the bolus transports, the longitudinal integral of the bolus transport for four latitudes and the map of the ‘‘Total’’ bolus (i.e from the 5 days
averaging decomposition), integrated from the surface down to
the 37 kg m!3 isopycnal are shown in Fig. 6(a) and (b), respectively. At 39!S, the bolus component is quasi-inexistent in the
Indo-Pacific basin, but reaches 4 Sv between the Greenwich Meridian and 24!W, i.e. in the Agulhas Retroflection region. At 56!S, the
‘‘Total’’ bolus is important near 169!W (South west of the New
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Fig. 6. Longitudinal integral of total bolus transports at 39!S, 56!S, 60!S and 65!S integrated from the surface down to the 37 kg.m"3 isopycnal and (b) maps of the total bolus
transport integrated from the surface down to the 37 kg m"3 isopycnal (a 10! running mean is applied for in the zonal integral).

Zealand plateau), near 143!W (Pacific–Atlantic Ridge) but most of
the bolus transport (up to 12 Sv) is generated in the Drake Passage
and South Atlantic region. In the mid-to-high latitudes (60!S and
65!S), the bolus transport is mainly significant in the Weddell Gyre.
From the map of the ‘‘Total’’ bolus, it seems that the bathymetry is
playing a key role for the bolus activity. The oceanic plateaus, the
ridges, as well as the straits which the flow in the ACC is encountering, participate in most of the bolus activities in the Southern
Ocean channel.

5. Summary and conclusion
In the present study, we give a detailed picture of the total and
eddy-induced transport in the Southern Ocean simulated in an
eddy-permitting Ocean General Circulation Model. Transient and
standing eddies counteract 64% of the Eulerian mean circulation
canceling the Deacon Cell, and about 70% of this amount is purely
associated with standing eddies. This result corroborates the finding of Drijfhout (2005). To investigate the time and spatial scales
associated with the compensation due to the eddies, temporal
and spatial filterings are performed on the Southern Ocean meridional overturning stream function as a function of latitude and potential density r2 . The results indicate that the upwelling and
downwelling branches of the Eulerian mean circulation are the
main regions sensitive to the decompositions. The eddy-induced
transport (‘‘Bolus’’ cell) extends between 40!S and 64!S and mostly
counteracts the Eulerian circulation with 2–3 Sv (i.e. !15%), except
in two local maxima. These maxima are found at the surface near
41!S and in the deep ocean at 58!S. They counteract the Eulerian

mean circulation with about 8 Sv transport. The temporal decomposition reveals that most of the ‘‘Bolus’’ transport is dominated
by time scales of a few months to one year. The decomposition
of the ‘‘Bolus’’ component into a ‘‘Seasonal’’, an ‘‘Eddy’’ and an ‘‘Inter-monthly’’ component indicates that the maximum surface bolus
cell at 41!S is made up for 50% by the ‘‘Inter-monthly’’ bolus, for 25%
by the ‘‘Eddy’’ bolus and for 25 % by the ‘‘Seasonal’’ bolus. The deep
bolus cell at 58!S is made for 40% by the (!3 Sv) ‘‘Eddy’’ bolus, for
20% by the ‘‘Inter-monthly‘‘ bolus (!1–2 Sv) and for 40% by the
‘‘Seasonal’’ bolus (!2–4 Sv).
To investigate the zonal scales associated with the compensation of the Eulerian mean circulation, spatial decompositions were
performed on the Southern Ocean meridional overturning stream
function. The Southern Ocean cells have distinct spatial scales.
The AABW formation occurs on spatial scale less than 3! with time
scales of less than one month. Similarly, the ACC surface cell is
dominated by small scale processes (less than 3!), but is weakly
associated with transient eddies. Small-scale standing eddies are
important in the ACC, near the Subantarctic and Polar Fronts, and
near the Subtropical Front. Transient eddies with time scales shorter than one month are important in the upper ocean between 58!S
and 35!S and over the whole ocean depth at the latitude of Drake
Passage. Moreover, a geolocation of the eddy-induced transports
identifies the Drake Passage, the Agulhas Retroflection, the Falkland Basin and the Kerguelen Plateau as areas of intense bolus
activity, where the bathymetry plays an important role on the
currents.
To summarize our findings, the overturning metrics for different spatial and temporal filterings are illustrated in Fig. 7. From
the residual circulation to the Eulerian mean cell, the maximum
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Fig. A.8. Stream function for the drift in volume, integrated from the bottom and
from the south. Color interval is 2 Sv. Solid contour interval is 4 Sv.

Appendix A. The drift stream function
Following the derivation of Marsh et al. (2000), the meridional
stream function can be decomposed into a steady state stream
function (1) and a volume inflation rate (2):

Wðy; q; tÞ ¼

Z

Z

qmax

ðhv Þdqdx
|fflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflffl{zfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflffl}
Cðq;hÞ

q

Meridional Stream Function ð1Þ

þ

Fig. 7. Pixelated representation of the maximum meridional overturning (in Sv) in
the Southern Ocean for various temporal and spatial filtering scales.

meridional overturning in the Southern Ocean varies between
10.5 Sv to 28.8 Sv. Two distinct regimes are noted: for the small
scales processes with length scales less than 11.25!, significant
changes in the maximum overturning associated with the temporal filtering occurs (transient eddies), indicating that transient eddies at these length scales are prominent, whereas for larger spatial
decomposition (11.25!–360!) the overturning is unchanged for
temporal filtering. In other words, the standing-eddy part of the
circulation that counteracts the Eulerian mean flow occurs for
scales less than 11.25!. The large-scale zonal tilt of the gyres is
not the main factor in the geometrical effect that reduces the mean
flow in density coordinates, as envisaged by Döös and Webb
(1994). It still might be that the gyres are instrumental in creating
a large part of this geometrical effect, but without resolving the tilt
across the western boundary currents the geometrical effect is not
captured. Finally, one can say that the temporal scales required for
diagnosing the Southern Ocean overturning should not exceed
1 month, and to fully capture the residual overturning across Drake
Passage smaller time scales of 5 days, or even less are required. The
spatial scales needed to be taken into account must be smaller than
1!, preferably 1/4!; the decrease of the resolution from 1/4! to
1.25! filtering changes the overturning with an extra 2 Sv.
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Fig. A.8 shows the drift in volume (rate of volume change) in the
Southern Hemisphere for the ORCA025 integration. The main
water mass subject the drift is the AABW mass. The drift in volume
is of the order of [%3; 3 Sv] between the 35.5 and 37.0 kg m%3 density classes and up to %9 Sv below 37.0 kg m%3.
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Most state-of-the-art climate models include a coarsely resolved oceanic component, which has difficulties in capturing detailed dynamics, and therefore eddypermitting/eddy-resolving simulations have been developed to reproduce the observed
World Ocean. In this study, an eddy-permitting numerical experiment is conducted
to simulate the global ocean state for a period of the Last Glacial Maximum (LGM,
26 500 to 19 000 yr ago) and to investigate the improvements due to taking into
account these higher spatial scales. The ocean general circulation model is forced
by a 49-yr sample of LGM atmospheric fields constructed from a quasi-equilibrated
climate-model simulation. The initial state and the bottom boundary condition conform
to the Paleoclimate Modelling Intercomparison Project (PMIP) recommendations. Before evaluating the model efficiency in representing the paleo-proxy reconstruction of
the surface state, the LGM experiment is in this first part of the investigation, compared
with a present-day eddy-permitting hindcast simulation as well as with the available
PMIP results. It is shown that the LGM eddy-permitting simulation is consistent with the
quasi-equilibrated climate-model simulation, but large discrepancies are found with the
PMIP model analyses, probably due to the different equilibration states. The strongest
meridional gradients of the sea-surface temperature are located near 40 N and S, this
due to particularly large North-Atlantic and Southern-Ocean sea-ice covers. These also
modify the locations of the convection sites (where deep-water forms) and most of the
LGM Conveyor Belt circulation consequently takes place in a thinner layer than today.
Despite some discrepancies with other LGM simulations, a glacial state is captured
and the eddy-permitting simulation undertaken here yielded a useful set of data for
comparisons with paleo-proxy reconstructions.
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Paleoclimate Modelling Intercomparison Project (PMIP) was initiated in the early 1990 s
to evaluate and compare the response of numerical climate models under paleoclimate
conditions. Due to computational limitations, the evaluations were undertaken using
coarse-resolution models. These simulate the large-scale structures of the ocean, but
usually parameterise the sub-grid-scale physics (unresolved structures), such as turbulence (see e.g. Gent and McWilliams, 1990). In eddy-permitting ocean models, the
spatial resolution has been increased and the amount of sub-grid-scale parameterisation has been reduced. It has been demonstrated that for the present-day climate,
eddy-permitting oceanic simulations improve the quality of the representations of the
western boundary currents as well as those of the sea-ice conditions and the meridional heat transports in the North Atlantic and Southern Oceans (The FRAM Group,
1991; Treguier et al., 2005; Hallberg and Gnanadesikan, 2006; Spence, 2010). Until
now, this type of simulation has only been conducted over regional scales for the LGM
climate (Yang et al., 2006; Mikolajewicz, 2011).
Since these high-resolution simulations are more realistic, they will become more
and more important for validating specific past oceanic scenarios (Beal et al., 2011;
Condron and Winsor, 2011) and for comparisons with paleo-reconstructions (OttoBliesner et al., 2009). As pointed out by (Hargreaves et al., 2011), proxy-data pertain to specific locations and are valid over spatial scales which are smaller than that
of the coarse-resolution model grid. The aim of the present investigation is to evaluate whether the eddy-permitting oceanic simulations improve the results with regard
to coarse-resolution models and paleo-proxy reconstructions, and to understand how
a global Ocean General Circulation Model (OGCM) behaves subject to glacial forcing and at the expected resolution of the next generation of global climate models. To
achieve this, a glacial eddy-permitting numerical simulation, henceforth denoted LGM,
has been conducted.
The experimental design is here described and the LGM model results are first
discussed in relation to those from an analogous present-day (1958–2006) eddypermitting hindcast simulation, denoted PD. This is done because most proxy-data
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The Last Glacial Maximum (LGM) was a cold-climate event with a duration of around
6500 yr, centred approximately 23 000 yr ago (Clark et al., 2009), viz. at the end of the
last glacial cycle and before the present warm phase. It is described by reconstruction
techniques as the most recent maximum ice sheet extent over the continents, especially in the Northern Hemisphere with the large Laurentide and Fennoscandian ice
caps over the North American and Northern European continental plateaus, respectively (Peltier, 1994, 2004; Clark and Mix, 2002). As a result of these large cryospheric
changes, the sea surface was around 120 m lower than today, exposing the continental
shelves to the atmosphere and hereby modifying the present-day world-ocean basins.
The combination of an altered bathymetry, a changed hydrosphere and an atmosphere
with lower green-house gas concentrations during this glacial phase may have led to
modifications of the ocean state, e.g. the temperature and salinity distributions, the
tidal mixing and dissipation (Green et al., 2009), the transports of heat, mass and sediments (Seidov and Haupt, 1997) as well as the Meridional Overturning Circulation
(MOC). Consequently, this ocean state may have generated feedbacks to the global
climate. The LGM hence constitutes a uniquely fascinating time slice of the Earth’s
climate history, which can be used for understanding climate change, for testing general circulation models under different boundary conditions, and for reconstructing past
scenarios on the basis of comparisons with the paleo-record.
Reconstructions of the Earth’s climate variations are based on analysing geological/biological samples (e.g. ice- and sediment cores, pollen, corals, tree-rings or
speleothems) and utilising models. Paleo-proxy data were first used to define and
prescribe boundary conditions for Atmospheric Global Circulation Models (AGCMs)
(Gates, 1976; Toracinta et al., 2004), for AGCMs coupled with mixed-layer ocean models (Broccoli, 2000; Hewitt et al., 2003), and also for high-resolution atmospheric models (Kim et al., 2007). Subsequently it has proved possible to simulate climate variations with fully coupled ocean-atmosphere models (Braconnot et al., 2007a,b). The
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reconstructions of the past climate have employed calibration techniques based on
the modern ocean state (Otto-Bliesner et al., 2009). The two experiments were undertaken with the same numerical model and the same parameterisations of the physics,
but with different boundary conditions, cf. Table 1. A description of the model and its
boundary conditions for the two configurations is provided hereafter. The LGM results
are then analysed with focus on how the eddy-permitting simulation behaves compared
with the available PMIP results. The prospects for the eddy-permitting simulations to be
more consistent with the paleo-proxy data will be dealt with in a following paper (A Last
Glacial Maximum world-ocean simulation at eddy-permitting resolution – Part 2: Confronting the paleo-proxy data).

|

301

|
|
Discussion Paper
|

302

Discussion Paper

25

|

20

Discussion Paper

15

|

10

For modelling the LGM climate, a reconstructed topography is required. The ICE-5G
reconstruction (Peltier, 2004) includes bathymetry, altimetry and ice sheet reconstructions. The latter are based on geological insights as well as a sea-level model, whereas
the geomorphology of the continental plates during the LGM is similar to those of the
present day. The major difference is the emergence of the continental shelves due to
a sea level approximately 120 m lower than today. In the LGM simulation, ice sheets
and closed basins are considered as land points, cf. the land/sea mask in Fig. 1a.
Different techniques can be used to initialise the ocean model in the LGM simulations. The PMIP2 protocol recommends starting the integrations either by using a spinup procedure or from a previous LGM state generated by other simulations. The former
procedure is based on integrations made with pre-industrial boundary conditions, this
in order to reach a cold equilibrium. Because the integration time is too long when
starting from the recent-past ocean state, we have chosen the cold-state initialisation
technique and an ocean at rest. The temperature and salinity fields are interpolated
onto the ocean grid mesh from the quasi-equilibrated climate model integration (Brandefelt and Otto-Bliesner, 2009), and thus the LGM global-ocean averaged salinity and
temperature is 36.59 PSU and 0.60 C. In the PD simulation the ocean is fresher and
warmer, 34.72 PSU and 3.60 C (Levitus references). This salinity difference is due to
the freshwater sequestered in the ice caps during the glacial era as well as the brine
rejection from sea-ice formation and the model equilibrium (cf. Sect. 2.2).
The surface boundary conditions between the ocean/sea-ice and the atmosphere
are determined using the NCAR bulk formulae (Large and Yeager, 2004). This is the
most popular method and has been used as the reference-surface-fluxes computational method for the numerical-model evaluations in, e.g. the Drakkar experiments
(Barnier et al., 2007; Brodeau, 2007).
The LGM surface atmospheric variables originate from a coupled climate simulation
using the CCSM3 model. The horizontal resolution of its atmospheric component is
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The OGCM NEMO (Nucleus for European Modelling of the Ocean, Madec, 2008) is
used for the two ORCA025 eddy-permitting simulations. It solves the primitive equations discretised on a Arakawa C-grid with a 0.25 degree resolution and comprises 46
depth levels with a refined mesh near the surface. A partial-step method has been
used for a better representation of the bathymetry (Barnier et al., 2006). Temperature
and salinity are linked to the density via a non-linear equation of state (Jackett and McDougall, 1995). The ocean model is coupled every 2 model-hours with the multi-layer
thermodynamic-dynamic LIM sea-ice model version 2 (Fichefet and Maqueda, 1997).
This 2-D visco-plastic model, on an Arakawa B-grid, calculates the thermodynamic
growth and decay of the ice, as well as its dynamics and transport, taking into account
the sub-grid-scale effects of snow and ice thickness.
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7 N and 7 S in the inter-tropical region. These stronger “double” ITCZs are observed
in most climate-model simulations (Lin, 2007) and may be related to an enhanced and
broader Hadley circulation in the LGM simulation. For the other latitudes, the LGM total
precipitation is about 1 10 5 kg m3 s 1 ( 0.86 mm day 1 ) smaller than in the PD case
and is thus consonant with the drier climate conditions ( 1 to 4 mm day 1 ) observed
in PMIP2 model results (Braconnot et al., 2007a). The PD snow precipitation over the
ocean, cf. Fig. 10b, takes place in the polar regions (above 40 latitude). In the LGM
experiment, the profile and maxima are shifted between 10 and 20 degrees equatorwards in both hemispheres. The polar regions receive less snow due to drier condition
caused by the sea-ice and the ice-caps, but the snow cover in the mid-latitudes is
10–30 % higher (Braconnot et al., 2007b).
The zonally-averaged specific humidity profiles in Fig. 10c show that the LGM surface is around 1 g kg 1 drier between the poles and the tropics compared to the PD
conditions. In the inter-tropical band, the LGM surface is around 2–3 g kg 1 drier due
to the reduced precipitation. Therefore, associated with the reduced greenhouse-gas
concentration, the LGM 2-m temperature in this region is around 3 C colder than in
the PD results (Fig. 10d), which is consistent with most PMIP2 simulations (Braconnot
et al., 2007a). As a consequence of the cold and dry surface conditions, the difference
between these datasets reaches almost 20 C near the poles and the effects of the
LGM shortwave solar radiation become stronger in the polar and inter-tropical regions
(Fig. 10e). The long-wave radiation (Fig. 10f) is similarly smaller in the LGM case since
this is characterised by a lower cloud cover and lower greenhouse-gas concentrations.
The latitudinally averaged zonal and meridional winds are shown in Fig. 10g and h.
Due to the changes of the meridional temperature gradient, the mid-latitude winds
are stronger and shifted equatorwards during the glacial period compared with PD
conditions (Toggweiler et al., 2006). In the inter-tropical band, the winds are rather
1
similar near the equator, but are around 1 m s stronger in the Tropics during the LGM.
In the polar regions, the LGM winds are stronger, most likely due to enhanced katabatic
winds from the Antarctic and North American ice sheets.
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128 longitudinal by 64 latitudinal points (T42). The horizontal resolution of the ocean
component is approximately 1 . Table 1 shows the forcing variables used for the ocean
model and their corresponding periodicity. The forcing is based on a 49-yr dataset from
the quasi-equilibrium LGM2 period 1412–1460 (Brandefelt and Otto-Bliesner, 2009)
and thus represents a period differing from most of those used in the PMIP2 analyses.
The model is integrated for 150 yr by repeating three times the atmospheric forcing
and no restoring term in temperature and salinity is applied at the sea-surface since
the main goal of our experiment is to investigate the impact of the ocean grid resolution on the representation of the surface state. Consequently, the salinity/temperature
feedbacks on the atmosphere are not modelled.
The PD ocean configuration is forced for 49 yr with the atmospheric Drakkar Forcing Set v4.3 (DFS4.3, Brodeau et al., 2010) for the period 1958–2006 with corrections
for the surface temperature and humidity, winds, incoming radiation and precipitation.
Brodeau et al. (2010) showed that numerical results (e.g. the wind-driven circulation
in the subtropical gyres and the ACC, the Arctic ice cover and the vertical representation of the temperature) were improved using this dataset. As in the LGM case, the
frequency of the atmospheric variables follows the recommendation from Large et al.
(1997). In the PD simulation, the turbulent atmospheric variables have a 6-hourly frequency, whereas the freshwater and radiative fluxes are based on monthly data. The
runoff forcing is from the Global Runoff Data Centre reconstruction and also makes
use of the climatology of smaller rivers (Brodeau, 2007). Table 1 sums up the forcing
variables and frequencies used for the PD simulation. In this PD simulation, surface
restoring terms are applied in order that the model surface state matches with the
observed state.
The zonally prescribed total precipitation over the ocean for the LGM and PD experiments are shown in Fig. 10a. The PD precipitation profile has a maximum at 7 N,
corresponding to the Inter-Tropical Convergence Zone (ITCZ). Secondary maxima are
located in the mid-latitudes and are associated with the polar fronts. The LGM precipitation profile is almost symmetric with respect of the equator and shows maxima at

5

In this section, the LGM “eddy-permitting” results are analysed and compared with
those from the analogous PD eddy-permitting simulation and the PMIP-model results.
The diagnostics conform to those used in the Ocean-Sea-ice model intercomparison
experiment (Griffies et al., 2009).
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North Atlantic: the warm, saline tropical water and the cold, fresh mid-latitude water
created by sea-ice melting. Fresher surface waters are found at river mouths (e.g.
the Congo and Mackenzie Rivers) and over the littoral where the ice-sheets melt. As
a consequence of the fresh water stored in the continental ice-caps, the LGM SSS
is globally higher than the PD SSS (Fig. 2b). The largest differences compared with
the PD experiment are found in the polar regions, where the sea-ice formation at the
ocean surface rejects brine, which participates in the densification of the waters (OttoBliesner et al., 2007). In the Arctic region, the SSS is also higher due to the reduced
river runoffs in the LGM experiment. In the South equatorial Pacific and Atlantic, LGMsimulated SSSs are fresher due to more precipitation during the glacial period (cf.
Fig. 10a). However, the LGM eddy-permitting SSSs appear to be around 1 PSU higher
than in the coupled ocean-atmosphere experiments reported by (Shin et al., 2003).
This difference can be inferred from the initial-state salinity rise applied in the CCSM
simulation, and is consequently recovered in our LGM simulation since it started from
a CCSM3 equilibrated state.
The mixed-layer-depth (MLD) patterns of the two simulations shows discrepancies
(Fig. 3a, b). The mixed layer is calculated as the maximum depth h where the potential density difference
between the surface and h is smaller than 0.01 kg m 3 .
This diagnostic is an indicator for the thermocline ventilation and the deep-water formation. For the PD period, the maximum MLDs are found in the North Atlantic (at the
entrance to the Labrador, Greenland and Norwegian Seas) and are associated with
the formation of North Atlantic Deep Water (NADW). In the Southern Hemisphere, the
deep mixed-layers are located in the South-East-Pacific ACC region where Subantarctic Mode Water (SAMW) and Antarctic Bottom Water (AABW) are formed. In the LGM
simulation, the deep mixed layers are found in the region, where thick sea-ice is formed
and where the warm and saline tropical waters encounter the cold and fresh conditions
near the sea-ice edge. In the Northern Hemisphere, deep-water formation hence takes
place in the Arctic basin and near 30 N, suggesting that the LGM Atlantic circulation
may differ from that of the PD case. In the Southern Hemisphere, this process takes
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The simulated LGM time-averaged Sea Surface Temperature (SST) distribution was
found to be almost symmetric around the equator with the strongest meridional gradients in the mid-latitude regions (Fig. 1a). The North Atlantic, the North Pacific, the Arctic
and the Antarctic show a tendency toward cold surface temperatures due to the seaice cover. The highest SSTs are found in the equatorial region of the western Pacific
and the eastern Atlantic, and the eastern and equatorial Pacific cold tongue is also captured. These features are consistent with those in the PMIP2 simulations (Otto-Bliesner
et al., 2009). Compared with the PD results, the global ocean SSTs are predominantly
lower (Fig. 1b). Maximum deviations are found in the North Atlantic (more than 10 C),
the North Pacific (4 to 8 C) and in the northern branch of the Antarctic Circumpolar
Current, ACC, (4 to 7 C), all due to the presence of sea-ice. In the polar regions covered by sea-ice, the deviations from the PD SSTs are reduced. As noted for the PMIP2
models, the cooling may be as large as 3 C in the Indian and Pacific Oceans, but
is about 1 C less in the tropical Atlantic. However, two areas near the coasts of Chile
and Namibia show positive anomalies. Under present-day conditions, cold upwelling
takes place in these regions. This warm SST bias is generally associated with a poor
representation of the upwelling processes in the numerical models.
The simulated LGM time-averaged Sea Surface Salinity (SSS), cf. Fig. 2a, shows
that the most saline surface waters are found in the Southern Ocean (brought about
by brine rejection), the South Tropical band and with maxima in the Tropical Atlantic
and Mediterranean (due to evaporation). Two surface waters face each other in the
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The impact of the glacial forcing on the vertical structure of the ocean is analysed
in terms of the zonally-averaged temperature and salinity. Fig. 6a presents the former quantity in the simulated LGM global ocean. This glacial-ocean vertical structure
shows that the Arctic, the Antarctic, the North Atlantic (north of 60 N) and the deep
ocean (below 1000 m) are relatively cold (below 1 C) compared to the inter-tropical
ocean surface. In addition, the effect of the sea-ice cover in the North Atlantic region
tends to decrease the temperature in the uppermost 100 m between 40 N and 60 N.
In comparison with the PD simulation (Fig. 6b), the smallest anomalies (less than 1 C)
are found in the regions prone to a glacial state under present-day conditions, i.e. in
the Arctic surface and deep-waters as well as in the Antarctic surface water. On the
other hand, the largest differences are found in the North Atlantic surface water covered by sea-ice between 30 and 70 N and in the Antarctic Intermediate Water (AAIW),
where the cold and dense surface waters from the sea-ice edge plunge to feed the
deep ocean. In this latter region, the LGM ocean is between 2 and 3 C colder than in
the PD simulation, consistent with the deep-ocean reconstruction due to Adkins et al.
(2002).
The zonally-averaged salinity during the LGM is shown in Fig. 7a. Here the deep
ocean is represented as horizontal layers of fluid of different salinities, from 36 PSU at
a depth of 1000 m to 37.25 below 3000 m. The most saline waters are found in the
deep Southern Ocean, consistent with paleo-reconstructions by Adkins et al. (2002).
In the upper layer (above 1000 m), five features are of particular interest:
308
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Arctic basin and western Fram Strait have perennial sea-ice. In the Southern Ocean,
the austral summer sea-ice edge is located near 50 S between 60 W and 120 E and
near 55 S in the rest of the circumpolar region. For the boreal summer, the LGM seaice fraction is reduced in the Labrador Sea, the Central North Atlantic basin and the
Norwegian Sea, suggesting possibly ice-free conditions during the glacial period (see
the animation available as Supplement).
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place in the northern branch of the ACC and along the coast of Antarctica (adjacent to
the Weddell and Ross Seas), also here associated with the sea-ice dynamics. These
changes are also noted in the equilibrated simulation by (Brandefelt and Otto-Bliesner,
2009) with a MLD that is reduced in the North Atlantic and increased in the Weddell
Sea.
The LGM sea-ice cover is larger than in the PD simulation (Fig. 4). The sea-ice area
is increased by a factor 1.5 in the Northern Hemisphere and by 11.8 in the Southern
Hemisphere during the boreal winter. During summer it increases by a factor 1.7 and
2.4 in the Northern and Southern Hemisphere, respectively. Although the area of the
sea-ice is larger in the Southern Hemisphere, its volume is greater in the Northern
Hemisphere (cf. Fig. 5) due to the formation of thicker sea-ice in the Arctic region. The
LGM volume of sea-ice in the Southern Ocean is about 10 times larger than in the
PD experiment, compared to a value of 5 times for the Arctic. Moreover, the seasonal
variability of the Southern-Ocean sea-ice volume is around 20 000 109 m3 in the LGM
9 3
case and 10 000 10 m in the PD simulation. In contrast, the LGM seasonality is
slightly reduced in the Northern Hemisphere, probably due to a more zonal propagation
of the Gulf stream during this period. In the Southern Ocean, the seasonal variability
is larger, most likely controlled by the large formation of sea-ice during the austral
winter. The LGM sea-ice cover is consistent with the CCSM3 simulation undertaken by
(Brandefelt and Otto-Bliesner, 2009), which showed an increasing trend for the seaice fraction (especially in the Northern Hemisphere) at the second equilibrated stage.
Increasing trends have been observed in almost all PMIP2 models (Braconnot et al.,
2007b), but their magnitudes differed. It has also been noted that CCSM3 simulates
an approximately 50 % larger sea-ice area in the Southern Ocean than the other PMIP
models (Murakami et al., 2008). Consequently, the seasonality of the Southern-Ocean
sea-ice cover is not captured by the eddy-permitting simulation and our results are thus
not fully consistent with the paleo-reconstructions. For the boreal winter, the model
simulates sea-ice cover in the Nordic Seas, the northwestern North Atlantic and the
Labrador Sea, and the North Atlantic sea-ice extent reaches almost 40 N. The central

2. The AAIW-associated fresher (34.25–35.5 PSU) waters in the northern front of
the ACC due to sea-ice melting.
5

5. The fresh surface waters of the North Atlantic, the North Pacific and the Arctic
resulting from sea-ice melting.
10
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The LGM and PD Atlantic meridional overturning circulations (AMOCs) are characterised by a northward surface-water transport, a sinking of dense waters at high latitudes and a deep return flow towards the Southern Ocean (Fig. 8a, b). Due to the
changes of the convection regions, the sinking takes place between 30 and 65 N in
the LGM simulation, and between 40 and 80 N in the PD experiment. The return flow
in the LGM simulation is found at a shallower depth ( 1000 m) than in the PD case
( 3500 m), mainly due to the larger intrusion of the Antarctic Bottom Water (AABW)
into the world-ocean basins. Most of the thermohaline circulation is thus “squeezed”
into a thinner layer. The weakening of the LGM overturning is also observed in the
AMOC maximum, which is 10 Sv for the LGM simulation compared to 17 Sv for the PD
experiment. This maximum is however smaller in the eddy-permitting simulation than
those found from the PMIP2 models, which range from 13.8 to 20.8 Sv (Otto-Bliesner
et al., 2007). On the other hand, an analogous reduction has also been observed in
the equilibrated simulation by Brandefelt and Otto-Bliesner (2009), who also noted an
equatorward shift of the convection sites from the Greenland-Iceland-Norwegian seas
to 30 N.
As a consequence of the reduced AMOC, the northward heat transport in the Atlantic
basin is on average reduced by 0.25 PW between 35 S and 35 N (Fig. 9), reaching
a maximum of 0.6 PW near 25 N. The transport is close to zero in the South Atlantic
basin, suggesting that the global tropical cooling is achieved by a stronger meridional
heat transport in the Indo-Pacific basin. Therefore, the meridional heat transport for the
LGM global ocean attains a maximum of 1.5 PW near 15 N and 15 S. Between 40 and
90 N, and between 50 S and 80 S, the LGM meridional transport of heat is smaller
than in the PD experiment due to the presence of sea-ice. These features are consistent with previous model diagnostics (Ganopolski et al., 1998; Weaver et al., 1998;
Hewitt et al., 2001), but not with recent PMIP2 model results, which show larger transports between 40 and 60 N for the global ocean, a larger transport in the Atlantic basin
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The LGM global ocean is characterised by higher salinities than those in the PD simulation (Fig. 7b). The differences are most pronounced in the deep ocean with an additional salinity of 1.5–2.5 PSU due to brine rejection in the polar-region surface waters
that are mixed vertically (Brandefelt and Otto-Bliesner, 2009). Slightly fresher surface
waters are noted in the Northern Hemisphere where sea-ice melting takes place between 40 and 60 N as well as between the equator and 20 S, here due to increased
precipitation. It is, however, suggested that the LGM ocean salinity increases on average by 1 PSU everywhere (PMIP2 recommendation). The 2-PSU difference between
the two eddy-permitting simulations presented here is probably due to two factors:
pro primo, it has already been noted that the CCSM LGM simulation shows a higher
salinity content than the other models. This has been attributed to the 1-PSU salinity
rise applied to this simulation (Murakami et al., 2008). Consequently, our LGM initial
state starts with this bias. Pro secundo, the important formation of sea-ice in the equilibrated state and an increased AABW may contribute in the release and diffusion of
brine and thus modify the salt content of the deep ocean. As pointed out in connection
with other numerical simulations (Kim et al., 2002; Shin et al., 2003; Brandefelt and
Otto-Bliesner, 2009), the formation of a large volume of sea-ice can have an impact on
the ocean salinity content due to the brine rejection.
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the deep-water formation is modified. Nonetheless, the tropical SSTs seem to be in
good agreement with previous model-based results, whereas the upwelling processes
near the coast of Chile and Namibia are still poorly represented. The representation of
the AMOC is also consistent with the (Brandefelt and Otto-Bliesner, 2009) simulation
and is characterised by a shallower and weaker overturning compared with the PMIP2
simulations.
It appears that most of the discrepancies between the results of our simulation and
those from the PMIP2 models originate from our choice of equilibrated period for the
initial state. The reason why the second CCSM3 model equilibrium is chosen in the
design of our eddy-permitting simulation is that this equilibrated state lasts longer than
the first one in the CCSM3 climate simulation. This choice may have had a substantial
impact on our eddy-permitting numerical representation of the LGM ocean state, a fact
that reinforces the need to define a criterion for when a simulated climate has reached
an equilibrium under the imposed forcing and PMIP boundary conditions (Brandefelt
and Otto-Bliesner, 2009). The present study has nevertheless shown that it is possible
to reproduce the pattern of the LGM ocean state with an eddy-permitting model and
an atmospheric state constructed from a coarse-resolution climate simulation. Hence,
it is now commendable to analyse the efficiency of this eddy-permitting simulation with
regard to the reconstructed surface state based on paleo-proxy records. This issue is
addressed in the second part of this study.
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This study presents the response of the first global eddy-permitting Ocean General Circulation Model forced with atmospheric fields representing a 49-yr sample of the Last
Glacial Maximum climate. The numerical results are compared with those from a realistic reference experiment carried out with the same ocean model but representing
present-day (1958–2006) conditions. This comparison shows that the simulated glacial
ocean is globally colder and has a higher salinity than in the present-day experiment.
A thicker sea-ice cover spreads over the mid-latitudes, reaching the latitudes of the
Bay of Biscay and Cape Horn in the northern and Southern Hemisphere, respectively.
The LGM meridional heat transport is larger in the Indo-Pacific basin and smaller in the
Atlantic basin due to the presence of this large sea-ice cover. De facto, the meridional
overturning reveals a weaker North Atlantic Deep Water circulation due to an enhanced
spreading of Antarctic Bottom Water spreading through a thicker layer and the shift of
the deep mixed-layers.
The results reported here are consistent with those from the source CCSM3 quasiequilibrated simulation (Brandefelt and Otto-Bliesner, 2009), but in other respects may
differ from the PMIP model analyses. As pointed out by (Brandefelt and Otto-Bliesner,
2009), their “new equilibrium differs substantially from the first quasi steady state with
1.1 C colder global mean temperature and regional differences of 5–15 C in the North
Atlantic region and a 30 % reduction of the strength of the AMOC”. The most significant discrepancies have been diagnosed for the seasonality of the Southern Ocean
sea-ice fractions. As a consequence of the larger sea-ice areas simulated in the LGM
eddy-permitting model, the global ocean salinity is higher than previously reported and
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(south of 30 N) and a smaller transport in the Pacific (south of 40 N) (Murakami et al.,
2008). These large discrepancies are connected with the differences in the meridional
overturning circulations and the reorganization of the temperatures (due to the sea-ice
formation) between our equilibrium and those in the PMIP2 models.
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Table 1. Comparisons between the LGM- and PD-designed configurations, the model versions,
atmospheric forcing variables and their frequency (d days, h hours and m months), bottom and
surface conditions.

Discussion Paper
|
Discussion Paper
|
Discussion Paper

Fig. 1. Map of (a) the annually averaged Sea Surface Temperature (SST) in the LGM eddypermitting simulation and (b) its difference (LGM-PD) from the PD simulation.
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Fig. 2. Map of (a) the annually averaged Sea Surface Salinity (SSS) in the LGM eddy-permitting
simulation and (b) its difference (LGM-PD) from the PD simulation.
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Fig. 3. Maps of the annually averages mixed-layers depth (MLD) in (a) the LGM and (b) the PD
eddy-permitting simulations.
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Fig. 4. Polar stereographic maps of the simulated sea-ice fraction (in %) for the boreal winter
(JFM) and boreal summer (JAS) in the LGM and PD eddy-permitting simulations. Meridians
are drawn every 30 , parallels every 10 .
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Fig. 5. Time series of the northern- and southern-hemispheric sea-ice volumes simulated in
the PD and LGM experiments.
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Fig. 6. Zonally- and annually-averaged temperature in (a) the LGM eddy-permitting simulation
and (b) its difference (LGM-PD) from the PD simulation.
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Fig. 7. Zonally- and annually-averaged salinity in (a) the LGM eddy-permitting simulation and
(b) its difference (LGM-PD) from the PD simulation.
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Fig. 8. Atlantic Meridional Overturning Stream function computed (a) for the LGM and (b) PD
eddy-permitting simulations.
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Fig. 9. Comparison of the meridional heat transport in PetaWatt (PW) computed for the LGM
and the PD eddy-permitting simulations for the Global, Atlantic and Indo-Pacific basins.
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Fig. 10. Comparison of the zonally-averaged atmospheric surface fields (over the ocean) used
to force the ocean model for the PD (DFS4.3), and the LGM (GFS1.0): (a) total precipitation,
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Because of its proximity to the present day, the Last Glacial Maximum is a particularly useful time-slice of the earth’s climate history for testing numerical models under glacial boundary conditions. Additionally, the availability of reconstructed surface
temperatures and sea-ice extent from paleo-archives offer the possibility of evaluating
these models. However, these proxy-data pertain to discrete source points and are thus
only valid over a specific spatial scale, which usually is smaller than the resolution of
the climate-model grids (Hargreaves et al., 2011). A comparison between the coarseresolution climate simulation and the reconstructed sea-surface state indicated that the
ensemble of PMIP models designed under the Paleoclimate Modelling Intercomparison
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Previous investigations concerning the design of an eddy-permitting LGM oceanic simulation are here extended with focus on whether this type of simulation is capable of
improving the numerical results with regard to the available paleo-proxy reconstructions. Consequently, an eddy-permitting and two coarse-grid simulations of the same
LGM period are confronted with a dataset from the Multiproxy Approach for the Reconstruction of the Glacial Ocean Sea Surface Temperatures (MARGO SSTs) and a number of sea-ice reconstructions. From a statistical analysis it was found that the eddypermitting simulation does not significantly improve the SST representation with regard
to the paleo-reconstructions. The western boundary currents are better resolved in the
high-resolution experiment than in the coarse simulations, but, although these more
detailed SST structures yield a locally improved consistency between modelled predictions and proxies, they do not contribute significantly to the global statistical score.
As in the majority of the PMIP2 simulations, the modelled sea-ice conditions are still
inconsistent with the paleo-reconstructions, probably due to the choice of the model
equilibrium.
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The accompanying Part 1 of the present study (Ballarotta et al., 2013) described the
behaviour of a NEMO-based (Madec, 2008) eddy-permitting simulation forced by a prescribed LGM atmospheric state constructed from a quasi-equilibrated CCSM3 climate simulation (Brandefelt and Otto-Bliesner, 2009). It was concluded that this eddypermitting simulation more-or-less closely represented the LGM state simulated with
the CCSM3 climate model by Brandefelt and Otto-Bliesner (2009), but showed discrepancies as regards the sea-ice area, the North Atlantic surface temperatures, the site
of deep-water formation, and the global salinity simulated by the PMIP models. The
simulated ocean-surface state from the eddy-permitting experiment is in the present
study compared with the MARGO dataset (Waelbroeck et al., 2009). This a compilation of almost 700 samples located especially in the North Atlantic, the Southern Ocean
and the Tropical region. These data are reconstructions of the annual mean (hereafter
ANN), the boreal winter (January-February-March, JFM) and the boreal summer (JulyAugust-September, JAS).
To evaluate the effects of the model-grid resolution, two coarsely resolved simulations are added to the comparison with the proxy-data: the model outputs from the
source CCSM3 simulation and a NEMO-based coarse-resolution simulation implementing the same boundary conditions as in its NEMO eddy-permitting counterpart.
Consequently, the three models (hereafter, eddy-permitting NEMO-ORCA025, coarseresolution NEMO-ORCA1 and CCSM3) represent the same simulated period with the
same atmospheric forcing. A summary of the three experiments is given in Table 1.
The annual-mean, the boreal-winter and -summer SSTs are examined for each
source point from the MARGO dataset. The comparison is made by taking the results
at the model grid-box coordinates closest to the location of the proxy data-point. The
performance of the models can then be evaluated by their skill and illustrated using the
Taylor-diagram representation (Taylor, 2001), which diagnoses the correlation between
model and data, the RMS difference and field standard deviation. The former quantity
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Projects can be regarded as globally reliable with respect to the Multiproxy Approach
for the Reconstruction of the Glacial Ocean surface (MARGO) Sea Surface Temperature (SST) data synthesis (Waelbroeck et al., 2009) for the Last Glacial Maximum
(LGM) (Hargreaves et al., 2011, 2012). On the other hand, it has been noted that although these models reproduce the strong SST meridional gradients and the cooling in the North Atlantic, they sometimes do not place the gradients at the right location or fail in estimating the magnitude of the regional cooling (Kageyama et al., 2006;
Otto-Bliesner et al., 2009; Braconnot et al., 2012).
The realism of the results from model simulations of the Last Glacial Maximum conducted during the PMIP2 project has also been discussed in the IPCC Fourth Assessment Report (IPCC AR4 – FAQ6.1: how Realistic Are Results from Climate Model
Simulations of the Last Glacial Maximum?). Here it is mentioned that even if “the PMIP2 LGM simulations confirm that current AOGCMs are able to simulate the broad-scale
spatial patterns of regional climate change recorded by palaeo data in response to the
radiative forcing and continental ice sheets of the LGM”, still, “Regional variations in
simulated tropical cooling are much smaller than indicated by MARGO data, partly related to models at current resolutions being unable to simulate the intensity of coastal
upwelling and eastern boundary currents.”
It will hence be useful to evaluate whether high-resolution modelling, e.g. eddypermitting oceanic simulations, improve the representation of the surface state compared to coarse-resolution models and the paleo-proxy reconstructions. In this study,
we confront three model experiments (one coarse-resolution forced ocean simulation,
one coarse-resolution climate simulation, and one eddy-permitting simulation) with the
available recent reconstructions of the surface state of the glacial ocean. By applying
statistical analysis to the datasets, we estimate the accuracy of each type of simulation
in representing the reconstructed surface state.
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4.5 C and the skill scores are close to zero (Table 2), i.e. the three models fail to
represent the SSTs in this region.
Between 25 and 50 N (Fig. 2), the three models show similar behaviour. They capture the variability of the SSTs, but the correlation coefficients are between 0.7 and 0.8
for the annual-mean and summer reconstructions and between 0.8 and 0.9 for the winter reconstruction. Note that the coarse-resolution simulations (ORCA1 and CCSM3)
have the best correlation and RMSE with the annual-mean and winter reconstructions,
whereas ORCA025 is slightly better than CCSM3 for the boreal-summer months. The
skill scores of the models are between 0.83 and 0.95.
Between 25 S and 25 N (Fig. 3), the models underestimate the variability of the
MARGO SSTs. Again, they show similar behaviour, which, in view of the available
proxy-data, is not in favour of the high-resolution simulation. For each reconstruction,
the correlation coefficient is near 0.6, the RMSE slightly above 3 C and the skill scores
above 0.5.
Between 25 and 50 S (Fig. 4), the correlation is extremely good with regards to the
paleo-reconstruction. The correlation coefficients are between 0.95 and 0.99. However,
the RMSE is around 2 C. In this region, the three models have the same skill scores:
0.97 for the annual mean reconstruction, 0.98 for JFM and 0.97 for JAS.
The present analysis shows that for each latitudinal band the coarse-resolution and
eddy-permitting simulations have similar skills. For a closer look at the local impact
of high resolution, the boreal-summer SST maps in the Agulhas, North-Atlantic and
Kuroshio regions are shown in Figs. 5, 6 and 7, respectively. The JAS SST values and
locations of the MARGO data are superimposed. The conclusions are drawn for the
summer months, but are also valid for the annual mean and the boreal-winter months
(and hence the analogous annual-mean and boreal-winter maps are not shown). These
maps show that the structure of the simulated SSTs may differ locally between the
coarse and the eddy-permitting simulation, which can increase or decrease the correlation with the MARGO dataset. In the Agulhas region, the width of the Agulhas current
along the coast of Mozambique and South Africa is narrower in the eddy-permitting
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Between 50 and 90 N (Fig. 1), the three model outputs are uncorrelated with the
MARGO reconstruction. The correlation coefficients are smaller than 0.25 for all of
the ANN, JFM and JAS data. Moreover, the standard deviations of the simulated SSTs
are close to zero, suggesting that the simulated SSTs in this region are relatively homogenous (viz. a small variability of the SSTs). As a result, the zonal SST gradients
in the North Atlantic (Waelbroeck et al., 2009) from the MARGO reconstruction are
not resolved by the models. The reason for this mismatch between the model results and the proxy data can be explained by the presence of large sea-ice covers
in each of the simulations, which is a characteristic of the model-equilibrated period
(Brandefelt and Otto-Bliesner, 2009). Consequently, the RMSE is between 3.0 and
333
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Effect of the model resolution
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(1)

where R is the correlation coefficient, ˆf the ratio between the model variance and the
MARGO dataset variance, and R0 the maximum correlation attainable. In our cases,
the reference fields are the MARGO annual-mean, boreal-winter (JFM) and borealsummer (JAS) SSTs, while the “test” fields are the model outputs. The skill scores are
defined with R0 set equal to 1, i.e. when the model results exactly fit the reconstruction.
A skill score of 1 means that the model performs well while 0 is a bad score. Finally,
the Taylor diagrams are evaluated over four latitudinal bands (50–25 S, 25 S–25 N,
25–50 N and 50–90 N) to isolate the regional changes due to the introduction of the
permitted eddies.
3
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4(1 + R)
( ˆf + 1/ ˆf )2 (1 + R0 )
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is a statistical measure of the accuracy of the model in representing the surface state,
which is assumed to be perfect. A formal definition is given by Taylor (2001):
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isoline reaches as far as 52 S during the austral winter and 60 to 65 S during the
austral summer).
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Conclusions

A companion study by Ballarotta et al. (2013) described the motivation for designing
an eddy-permitting ocean experiment and reported a basic evaluation of the model response. Using an atmospheric state from a quasi-equilibrated climate simulation, it was
shown that the high-resolution forced ocean simulation was capable of reproducing the
glacial state from the source simulation. The present study deals with the prospects
of the eddy-permitting simulation to be in better agreement with the paleo-proxy data,
which was investigated on the basis of a comparison with two coarse-resolution simulations.
The performance of the models is summarised statistically using Taylor diagrams
(a quantification of the skill score) as well as by some regional maps of the modelled
SSTs and the proxy reconstructions. All three models perform extremely well between
25–50 S and 25–50 N. They are less adequate in the northern-hemisphere high latitudes and in the tropical regions. However, it is not obvious that the eddy-permitting
simulation contributes significantly to the improvement of the sea-surface-state results
with regard to the paleo-reconstructions. Although some differences in the structure of
the “coarse-resolution” and “eddy-permitting” SSTs are noticeable in specific regions,
e.g. the Agulhas and Kuroshio areas, these results may locally yield a better consistency between model and proxy data but do not contribute significantly to the global
statistical score. More reconstructions are required in areas where the regional dynamics may play a key role for the surface temperature structure.
As underlined by Ballarotta et al. (2013), the simulated LGM sea-ice cover is consistent with the CCSM3 simulation undertaken by Brandefelt and Otto-Bliesner (2009),
which showed an increasing trend for the sea-ice fraction (especially in the Northern
Hemisphere) at the second equilibrated stage. However, the sea-ice area in the three
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In addition to the SST reconstruction, sea-ice reconstructions are available for the LGM
period (Pflaumann et al., 2003; De Vernal et al., 2006; Nørgaard-Pedersen et al., 2003;
Gersonde et al., 2005). For the boreal-winter months (Fig. 8), the models simulate seaice cover in the northwestern North Atlantic and in the Labrador as well as Nordic
Seas. However, this North Atlantic sea-ice extent reaches almost 40 N, whereas the
margin is located between 50 and 60 N in the reconstructions (Pflaumann et al., 2003;
De Vernal et al., 2006). The ice-free conditions in the Irminger current up to Iceland are
also less pronounced in our simulation. In the Southern Ocean, the models simulate
a larger sea-ice extent than in the proxy reconstructions (Gersonde et al., 2005). The
sea-ice edge is located near 50 S between 60 W and 120 E and near 55 S in the rest
of the circumpolar region. For the boreal summer (Fig. 9), the LGM sea-ice fractions
are reduced in the Labrador Sea, the Central North Atlantic and the Norwegian Sea,
suggesting possibly ice-free conditions during the glacial period (cf. the animation available as supplemental material). The central Arctic basin and western Fram Strait have
perennial sea-ice, in accordance with Nørgaard-Pedersen et al. (2003). In the Southern Ocean, the modelled maximal sea-ice area is around 39 106 km2 (not shown),
which is similar to the reconstruction (Gersonde et al., 2005) with sea-ice extending to
around 45 S in the Atlantic and Indian Oceans and 55 S in the Pacific. Finally, it is
important to note that a large Southern-Ocean seasonality is observed for the region
fully covered by sea-ice but not for the sea-ice margin (in the Supplement, the 100 %
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simulation. Moreover, the meandering of the Antarctic Circumpolar Current (ACC) is
more distinct when eddies are permitted. As a consequence, the meridional SST
gradients in these regions are better captured by the ORCA025 experiment. In the
Gulf Stream region, the ORCA1 experiment appears to be in better agreement with
the available proxy-data, whereas in the Kuroshio region, the ORCA025 simulation is
slightly closer to the reconstruction.
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simulations compared here is larger than those previously reported in the PMIP model
analyses. The discrepancies are probably associated with the particularly large Southern Ocean sea-ice cover simulated by the CCSM model (Murakami et al., 2008) and
the choice of the model equilibrium. Consequently, the seasonality of the Southern
Ocean sea-ice cover is not captured by the eddy-permitting simulation and our results,
as the majority of the PMIP simulation (Roche et al., 2012), are thus not fully consistent
with the paleo-reconstructions.
A summary of the overall results is that this investigation indicates that a higher
model resolution is not a panacea yielding the hoped-for better correspondence between simulations and proxy archives. Until more experiments, either corroborating or
invalidating the results of the present study, have been undertaken, only provisional
conclusions may be drawn. One of these is that as regards enhancing model performance, it may be more productive to aim at improving the parameterisations of smallscale processes rather than to focus on increasing model resolution.
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Fig. 1. Taylor diagrams for the annual, boreal winter (JFM) and boreal summer (JAS) LGM sea
surface temperature between 50 and 90 N. The proxy-data locations are shown in the upper
right-hand diagram.
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Fig. 2. Taylor diagrams for the annual, boreal winter (JFM) and boreal summer (JAS) LGM sea
surface temperature between 25 and 50 N. The proxy-data locations are shown in the upper
right-hand diagram.
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Fig. 3. Taylor diagrams for the annual, boreal winter (JFM) and boreal summer (JAS) LGM sea
surface temperature between 25 S and 25 N. The proxy-data locations are shown in the upper
right-hand diagram.

Discussion Paper
|
Discussion Paper
|
Discussion Paper
|
|

345

Discussion Paper

Fig. 4. Taylor diagrams for the annual, boreal winter (JFM) and boreal summer (JAS) LGM sea
surface temperature between 25 and 50 S. The proxy-data locations are shown in the upper
right-hand diagram.
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Fig. 5. NEMO-ORCA1 and NEMO-ORCA025 sea surface temperature (SST) maps in the Agulhas region superimposed on the proxy-data locations in the MARGO reconstruction.
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Fig. 6. NEMO-ORCA1 and NEMO-ORCA025 sea surface temperature (SST) maps in the North
Atlantic region superimposed on the proxy-data locations in the MARGO reconstruction.
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Fig. 7. NEMO-ORCA1 and NEMO-ORCA025 sea surface temperature (SST) maps in the
Kuroshio region superimposed on the proxy-data locations in the MARGO reconstruction.
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Fig. 8. Polar stereographic maps of the sea-ice fraction in % as simulated by the NEMOORCA025 LGM experiment for the boreal winter months. The locations of the Southern Ocean
paleo-reconstructions from Gersonde et al. (2005) are superimposed.
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Fig. 9. Polar stereographic maps of the sea-ice fraction in % as simulated by the NEMOORCA025 LGM experiment for the boreal summer months. The locations of the Southern
Ocean paleo-reconstructions from Gersonde et al. (2005) are superimposed.
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The representation of the ocean thermohaline circulation (THC) under glacial

4

and interglacial climate conditions is investigated using a new global ther-

5

mohaline stream function. Consequently, the interglacial and glacial THCs

6

are compared from two experiments based on an ocean general circulation

7

model forced at the surface by conditions representing the present-day and

8

the period of the Last Glacial Maximum (LGM, ⇡ 21kyr ago). It is shown

9

that the LGM THC is amplified by the salinity/density contrast between the

10

Atlantic and the Pacific basins, as well as in the abyss due to larger salin-

11

ity gradients. Even though the circuit along the Conveyor Belt loop is not

12

drastically changed, the water mass transformations can regionally di↵er be-

13

tween the two periods. Additionally, the LGM Conveyor Belt Cell is more

14

isolated from the abyss and its turnover time is between two and three times

15

shorter than in the present-day simulation, suggesting vigorous large-scale

16

circulation.
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1. Introduction
17

The ocean circulation is driven by three main factors: the surface winds, the tides and

18

the thermohaline processes. The latter is often characterized by the thermohaline circula-

19

tion (THC) which corresponds to the component of general oceanic circulation associated

20

with the three dimensional advection of temperature and salinity [Wunsch , 2002]. This

21

circulation essentially describes the large-scale transport of waters between the di↵erent

22

World-Ocean basins. Its representation has been in constant improvement since the 19th

23

century [P. L. Richardson, 2008]. Originally sketched for the Atlantic basin, since the

24

late 1980s most of the THC representations show the inter-ocean basin exchange of waters

25

(e.g., the Great Conveyor Belt by Broecker [1991]). Recently, a new representation has

26

been proposed by Döös et al. [2012] and Zika et al. [2012], which describes the global

27

oceanic transport in the temperature and salinity space and is based on the computation

28

of stream functions. The advantage of using this new representation is that the thermo-

29

haline properties of the waters as well as their three-dimensional transports are shown in

30

a single diagram.

31

32

In the North Atlantic basin, the THC manifests itself by an overturning mechanism

33

(a.k.a. the Atlantic Meridional Overturning Circulation = AMOC), which consists in a

34

northward surface water transport, a sinking of dense cold and saline waters (deep wa-

35

ter formation) at high latitude and a return deep flow towards the South Atlantic basin

36

[Kuhlbrodt et al., 2007]. This North Atlantic circulation is crucial because, in the present

37

day climate, it is responsible for a large portion of the heat transport from the tropics to
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38

higher latitudes. It also plays an important role in the oceanic uptake of CO2 [Zickfeld

39

et al., 2008], the ventilation of the deep ocean and the reorganization of the passive and

40

active tracers (e.g., temperature, salinity, greenhouse gases, nutrients).

41

42

The North Atlantic overturning is often employed as an indicator for climate change

43

[Letcher , 2009]. The amplitude of the North Atlantic THC is indeed thought to have

44

been di↵erent in the past and may change in a near future [Manabe and Stou↵er , 1994].

45

Paleo-proxy records suggest that the reorganization of the North Atlantic THC during

46

the Last Glacial Maximum, about 21,000 years ago, consists in a weaker overturning

47

than today [Lynch-Stieglitz et al., 1999; McManus et al., 2004], an enhanced intrusion of

48

Antarctic Bottom Water (AABW) into the Atlantic basin [Duplessy et al., 1988; Labeyrie

49

et al., 1992; Sarnthein et al., 1994; Curry and Oppo, 2005] and a North Atlantic Deep

50

Water (NADW) formed at more southern locations than today [Labeyrie et al., 1992]. On

51

the other hand, climate-model simulations propose a wide range of North Atlantic LGM

52

THCs [Otto-Bliesner et al., 2007; Weber et al., 2007]: a 10 to 40% weakening or increasing

53

of the maximum overturning, the location of the downward branch shifting southward or

54

remaining at the same latitude as today and a shallowing of the surface circulation due

55

to the intensification of the abyssal circulation. The description of LGM THC is thus

56

complex and su↵ers from an additional dilemma. Due to the presence of large sea-ice

57

cover over the North Atlantic, the North Pacific and the Southern Ocean, the surface

58

temperature meridional gradients were larger than today. As pointed out by Toggweiler

59

and Russell [2008], these larger gradients during the glacial time suggest that the wind
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60

may have been stronger and should consequently induce vigorous ocean circulation. Why,

61

in the presence of stronger winds, is the LGM THC described as a weaker circulation than

62

today?

63

64

In the present study, we propose to study this large-scale circulation by examining the

65

ocean thermohaline state for a glacial and an interglacial climate condition and by us-

66

ing the ”thermohaline stream function” developed by Döös et al. [2012] and Zika et al.

67

[2012]. A state-of-the-art Ocean General Circulation Model (OGCM) is integrated for the

68

periods of the LGM and the present-day and the circulations patterns are compared. In

69

the ”classical” latitude-depth space, the circulation is computed only from the meridional

70

velocity. In this space, the shallowing of the AMOC in our LGM experiment is verified

71

and explained, among other studies, by an enhanced intrusion of the AABW, although

72

sluggish, into the World-Ocean basins (see Fig. 1, middle panel). The maximum of the

73

AMOC is located near 35 N in each simulated period. However, it is shallower and about

74

2 Sv stronger in the LGM experiment (14.4 Sv), probably due to the stronger wind-stress

75

in our LGM experiment (Fig. 1, upper panel). In the salinity-temperature space, the

76

thermohaline stream functions are computed from the simulated temperature, salinity

77

and velocity fields.

78

2. Numerical experiments
79

The three-dimensional temperature, salinity and velocity originate from integrations

80

carried out with the OGCM NEMO (Nucleus for European Modelling of the Ocean,
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81

Madec [2008]). This model is used as the oceanic component in climate models [Marti ,

82

2006; Hazeleger et al , 2010; Voldoire et al., 2011] as well as numerical tool for hind-

83

casts [Barnier et al., 2007] and forecast [Storkey et al., 2010] simulations. It solves the

84

primitive equations discretized on an Arakawa C-grid and has in our experiments an hor-

85

izontal resolution of about 1 ⇥ 1 . In the vertical dimension, it comprises 64 depth

86

levels with a refined mesh near the surface and a partial-step method is selected for a

87

better representation of the topography [Barnier et al., 2006]. Temperature and salin-

88

ity are linked to the density via a non-linear equation of state [Jackett and McDougall ,

89

1995]. The parametrization of the sub-grid scale turbulence is established by the Gent

90

and McWilliams [1990] formulation. Therefore an eddy-induced velocity is taken into

91

account when the circulations are computed. The ocean model is coupled every 2 model-

92

hours with the multi-layer thermodynamic-dynamic LIM sea-ice model version 2 [Fichefet

93

and Maqueda, 1997]. On an Arakawa B-grid this 2D viscous-plastic model computes the

94

thermodynamic growth and decay of the ice, as well as its dynamics and transport, taking

95

into account the sub-grid scale e↵ects of snow and ice thickness.

96

97

Two experiments are designed for the present study:

98

1) A LGM ocean simulation forced by an atmospheric state constructed from a quasi-

99

equilibrated simulation [Brandefelt and Otto-Bliesner , 2009], as described by Ballarotta

100

et al. [2013]. This experiment is denoted hereafter ”LGM”.

101

2) A present-day ocean hindcast simulation forced by a prescribed atmospheric state of
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the 1958-1983 period, as described by Brodeau et al. [2010]. It is denoted hereafter ”PD”.

103

104

105

In each experiment, the model is integrated for 1000 years by periodically repeating the
surface forcing. The analysis covers the last 50 years.

3. Results
106

The global thermohaline stream functions computed for the LGM and PD simulation

107

are shown in Figure 2. As pointed out by Döös et al. [2012], the thermohaline stream

108

function comprises three main circulations/cells: one high temperature anti-clockwise cell,

109

denoted the tropical cell, which reflects the water mass transformation in the upper near-

110

equatorial Pacific; one clockwise cell, denoted the Conveyor Belt Cell, which reflects the

111

inter-ocean transport of heat and salt; and one cold temperature cell which corresponds

112

to the AABW circulation. This latter cell is minor in the PD simulation (centered at

113

34.7 PSU and 1 C) because the modern deep ocean is relatively homogenous in temper-

114

ature and salinity. In comparison, cross-isopycnal waters transformations occur in the

115

LGM simulation between -2 C to 1 C and 35 PSU and 37 PSU due to the deep saline

116

stratification. This thermohaline state during the LGM has also been diagnosed by paleo-

117

reconstructions based on pore fluid measurements [Adkins et al., 2002] and is attributable

118

to the large formation of sea-ice.

119

120

The PD Tropical Cell is centered at 35 PSU - 27 C and has a maximum transport of

121

21 Sv (1Sv ⌘ 106 m3 .s 1 ) corresponding to the shallow wind-driven transport (equatorial

122

undercurrent in the central Pacific). It converts the 33.5 to 35 PSU water-masses into
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123

saltier (35 to 37 PSU) water-masses, or the 21 to 27 C water-masses into warmer 27 to

124

30 C water-masses. The Tropical Cell in the LGM simulation is shifted toward colder

125

and fresher waters due to the cold climate conditions, the reduced evaporation and the

126

increased precipitation over the Tropical ocean [Braconnot et al., 2007; Brandefelt and

127

Otto-Bliesner , 2009]. It is centered at 34.5 PSU and 24 C with a maximum transport of

128

24 Sv. It converts the 31 PSU to 34.5 PSU water-masses into saltier (34.5 to 35.5 PSU)

129

water-masses, or the 16 to 24 C water-masses into warmer 24 to 28 C water-masses. The

130

conversion is almost isohaline along 34.6 PSU (associated with the Equatorial upwellings)

131

and almost isothermal near 27 C corresponding to the water-masses transformation at the

132

surface of the Western-Pacific pool. The strength of LGM tropical overturning is larger

133

than in the PD simulation probably due to the increased wind speed over the tropical

134

regions.

135

136

The Conveyor belt Cell is the dominant circulation in the temperature-salinity space

137

for each simulation. The LGM and PD large-scale cycle in Conveyor Belt is similar to the

138

Broecker [1991] loop and described as follow: the Indo-Pacific surface-waters ( 16 C  ✓

139

 22 C and 34.5 PSU  S  35 PSU) become colder approaching the Cape of Good Hope

140

and then enter in the South Atlantic basin (S ⇡ 35 PSU). These waters flow northward

141

and increase their salinity and temperature. They cool down abruptly near 36.5-37 PSU,

142

become fresher (between

143

between

144

ocean to finally upwell in the North Pacific basin as cold and fresh water-masses. Smaller

0 =27
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145

scale transformations exist in the Indo-Pacific and Southern Oceans. For instance, the

146

maximum transport in the LGM Conveyor Belt takes place near the 34.1 PSU isohaline

147

and is about 20 Sv. In the PD experiment, the transport is maximum near 34.7 with

148

a magnitude of 24 Sv. These transports are associated with the intense transports in

149

the Antarctic Circumpolar Current (ACC) and the formation of Antarctic Intermediate

150

Water Mass (not shown). The shapes of the Conveyor Belt Cells are di↵erent between the

151

two experiments. In the LGM simulation, the Conveyor Belt Cell occupies more isohaline

152

layers than in the PD simulation since the Atlantic thermohaline regime is changed (saline

153

waters are found in the North Atlantic surface and the abyss due to the AABW intrusion).

154

A near-isothermal transformation (near 22 C) occurs in the Atlantic basin. It probably

155

corresponds to the inter-tropical circulations driven by both the reduced oceanic heat

156

transport in the Atlantic and the strong salinity contrast between the North and South

157

Atlantic basins in the LGM simulation [Ballarotta et al., 2013]. This is not observed in

158

the PD simulation which is mainly driven by the di↵erences in temperatures rather than

159

the di↵erences in salinities.

160

161

The di↵erent thermohaline regimes between the two period might also be enlighten by

162

the sea-water volumetric distribution in the temperature-salinity space (Figure 3). In

163

the LGM simulation, the maximum volumes of sea-waters (1017 m3 C 1 PSU 1 ) have rela-

164

tively cold and saline properties. Their temperatures are between -2 C and 0 C, and their

165

salinities range between 36.5 PSU and 37.5 PSU. In the intermediate waters (i.e., between

166

2 C and 16 C), the important volumes of sea-water (more than 1014 m3 C 1 PSU 1 ) are
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167

found in two ”branches”: the saline waters with a salinity range between 36 PSU and

168

37 PSU; and the relatively fresh waters which have a salinity between 34 PSU and 36

169

PSU. The most saline branch is associated with the Atlantic waters whereas the less

170

saline branch corresponds to the Indo-Pacific waters (not shown). These two branches

171

are not as distinct in the PD simulation. Similar to paleo-proxy reconstructions [Adkins

172

et al., 2002], the salinity variations in the deep waters are higher in our LGM experi-

173

ment, whereas the temperature are relatively homogenous. Nevertheless, it is important

174

to note that, contrary to the PD case, the LGM Conveyor Belt Cell becomes less con-

175

nected to the deep ocean. This might be due to an AABW circulation which tends to

176

lift and deviate the Conveyor Belt Cell from the area of maximum volumetric distribution.

177

178

The association of the thermohaline stream function and the volumetric distribution

179

allows to compute the turnover time in each stream layer. In a steady state climate, it

180

corresponds to the ratio of the volume of sea-water between two successive streamlines (in

181

m3 ) and the corresponding volume transport (in Sv ⌘ 106 m3 .s 1 ) between the streamlines.

182

The LGM and PD turnover time (in years) is represented in Figure 4. The shortest times

183

are found in the Tropical cell for each simulation. In the LGM simulation, the tropical

184

turnover times can be longer essentially associated to an increased circuit of the water

185

transports. For the similar reason, the stretch of times in the Conveyor Belt can largely

186

di↵er between two successive layers. In the PD simulation, these times vary between 50

187

years (where the waters conversion is minimum) and more than 2500 years (global-scale

188

transports). The times in the LGM Conveyor Belt are shorter (between 50 and 800 years).
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189

In the AABW Cell, the time scales are between 50 and 1000 years in the LGM simulation,

190

representing the fast surface motion (sinking of the deep water) as well as the large-scale

191

slow motions from the Southern Ocean surface-waters to the abyss. In the PD simulation,

192

the AABW turnover time is around 50 years corresponding to the rapid sink of the surface

193

circulation near Antarctica. The rest of the AABW circulation is weak and therefore not

194

captured by the thermohaline stream functions.

4. Conclusion
195

The THC may have experienced three di↵erent modes in the past [Rahmstorf , 2002]:

196

a ”warm” mode similar to the present-day conditions; a ”cold” mode described by an

197

enhanced abyssal circulation; and a ”O↵” mode where the surface THC vanishes due to

198

a large reversed circulation. In the present study, we compare the circulation in a ”cold”

199

and a ”warm” situation by using ocean model integrations and the new thermohaline

200

stream function. In the salinity-temperature space, the LGM THC is represented by 1)

201

more vigorous transports of colder and fresher waters in the tropical cell probably due to

202

the enhanced wind strength and the di↵erence in the surface freshwater budget, 2) a Con-

203

veyor Belt circulation amplified by the salinity contrast between the Atlantic and Pacific

204

basins and 3) a stratified and large abyssal circulation. Although it is diagnosed that LGM

205

THC becomes significantly driven by the salinity di↵erences, the large-scale circuit of the

206

water along the Conveyor Belt is however not drastically changed between the two periods.

207

208

More importantly, the estimations of the pace of the ocean turnover reveal that the time

209

it takes for waters to make an entire circuit in the Conveyor Belt can be shorter during
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210

the LGM, suggesting the possibility of vigorous large-scale circulations. This reduced

211

transit-time in the LGM Conveyor Belt can be explained by the large intrusion of the

212

AABW in the World Ocean basin which tends to ”squeeze” most of the Conveyor Belt

213

in a thiner layer near the surface. As a result, the Conveyor Belt Cell is less connected

214

to the abyssal waters and the stratification is stronger in the surface layer (cf Figure 1,

215

middle and lower panels), consequently increasing the geostrophic currents and thus the

216

transport in each density classes. Additionally, the strength and the localization of the

217

overturnings might also contribute in controlling the turnover time (e.g., an equatorward

218

shift of the convection area might contribute in reducing the length of the conveyor path).

219

As a consequence, the entire THC circuit can become shorter while the surface driving

220

forces are stronger or of the same magnitude as it is in the present-day conditions. The

221

association of a shorter route and the increased transports naturally lead to a faster travel

222

time.

223

224

However, several limitations exist in this study. As previously mentioned, most of

225

the state-of-the-art ocean models simulate various responses for the LGM THC [Otto-

226

Bliesner et al., 2007; Weber et al., 2007] and are sensitive to salinity perturbations and

227

mixing. Therefore, the diagnostic presented might di↵er between di↵erent model integra-

228

tions. Moreover, the coarse resolution as well as the poor representation of the mixing

229

in the ocean model reduce the ability of capturing the realistic thermohaline processes

230

[Marotzke, 1997]. The improvements or reductions of the parametrizations the ocean mod-

231

els might positively contribute to simulate a ”real” THC. Finally, the changes in the ocean
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232

thermohaline regime between the present-day and LGM could raise some interrogations

233

about the mechanisms responsible of the atmospheric CO2 modification between glacial

234

and inter-glacial period. In a climate change perspective, one may be asked whether the

235

representation of the THC for the future climate scenarios would enlighten important

236

changes? Would the pace of the THC increases or decreases? What would then be the

237

impact on the oceanic carbon cycle?

238
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Figure 1.

X - 19

Upper diagram: The zonally averaged wind stress over the Atlantic basin for

the LGM and the PD simulation. Intermediate and lower diagrams: The Atlantic Meridional
Overturning Circulation (AMOC) computed for the LGM and the PD simulations. For each
AMOC, the potential density
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Figure 2. The thermohaline stream functions computed for the LGM and the PD simulations
superimposed with the

0

(solid) and

4

(dashed) isopycnal contours (contour interval = 1

kg.m 3 )

Figure 3. Global Ocean volumetric distribution of sea-water in the T-S diagram for the LGM
and the PD simulations superimposed with the thermohaline stream functions (white contours)
from Figure 2

Figure 4.
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The turnover times computed for the LGM and PD simulations
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